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1. Introduction
It has been known since the pioneering work of Joseph Barrell during the early
part of the last century that the outermost layers of the Earth comprise a strong upper
layer, the lithosphere, which overlies a weak lower layer, the asthenosphere. Barrell
[1914a] argued that because river deltas such as the Niger and Nile lack a flanking
topographic depression, they must be supported by the strength of the lithosphere. He
used [Barrell, 1914b] Pratt isostatic gravity anomalies over North America as a proxy
for the magnitude of the stress differences that could be supported by the lithosphere
and showed, using the equations of Darwin [1882], that stresses increase and then
decrease with depth, passing by transition into the weak underlying asthenosphere.
Today, we distinguish the lithosphere from the asthenosphere not only on the
basis of its strength, but its physical properties such as temperature, density, and
seismic velocity structure. The lithosphere, for example, is generally associated with
cooler temperatures, higher average densities, and higher average S-wave velocities
than the asthenosphere.
Plate tectonics is based on the assumption that the outermost portion of the
lithosphere is rigid on long time-scales and is moving across the surface of the Earth
with the plates. The positive density contrast between the lithosphere and the
asthenosphere suggests, however, that the rigid layer maybe gravitationally unstable.
Indeed, oceanic lithosphere – after it is created at a mid-oceanic ridge – cools,
subsides and sinks into the underlying asthenosphere, for example, at a deep-sea
trench – outer rise system.
Continental lithosphere may also be unstable. In rifts (e.g East Africa) the
lithosphere is regionally heated, thinned and uplifted and only subsides locally below
sea-level. In collisional systems (e.g. Himalaya, Betics), however, continental
lithosphere is thickened [Molnar, et al., 1998] or is infiltrated by fluids released
during metamorphic reactions [Le Pichon et al., 1997]. Both processes may cause
dense rocks of the lower crust to enter the eclogite stability field. As a result, the
lower crust becomes denser than the underlying mantle, detaches, and, as at trenches,
may sink into the underlying asthenosphere.
Isostatic considerations, however, suggest that the crust, which comprises the
uppermost part of the lithosphere, is buoyant and is in a state of flotation on the
underlying mantle. Furthermore, flexure studies suggest that when it is subject to
long-term geological loads such as volcanoes and sediment, the lithosphere, rather
than behaving as a number of independent floating blocks, as local models of isostasy
such as Airy and Pratt predict, responds by bending - in a similar manner as would an
elastic plate that overlies an inviscid fluid substrate.
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We are concerned in this volume with “Crust and Lithosphere Dynamics” which
we may define as:
……the study of how the outermost layers of the Earth respond to loads that are
emplaced on, within, and below it and its implications for plate mechanics and mantle
flow.
Dynamics means, of course, all the loads and stresses and their resulting
deformations and strains that are applied to the crust and lithosphere and the
underlying asthenosphere. Unfortunately, there is no continuum that we can study that
is representative of all the spatial and temporal scales of these loads and their
deformation. This makes the determination of the thermal and mechanical properties
of the lithosphere and asthenosphere a difficult, if not intractable, problem.
What we do have are “snapshots” at particular temporal and spatial scales. They
range in temporal scales from up to a few hundreds of s (e.g. during the co-seismic
deformation that results from earthquake triggering), through thousands of yr (e.g.
during the glacial isostatic adjustment that follows the waxing and waning of an ice
sheet), to several millions of years (e.g. during the flexural deformation due to
volcano loading) and in spatial scales from a few, through to a few tens, to several
hundreds of km.
Understanding the response of the lithosphere and asthenosphere system to these
loads is fundamental to our understanding of plate kinematics and mechanics and to
predicting the response of the crust and lithosphere to more complex loads such as
those associated with the erosion and deposition of sediment. It is also of importance
in quantifying the relative contribution of the crust and lithosphere to surface
observables such as gravity and topography and isolating the effects of surface and
sub-surface processes such as those associated with landscape evolution and mantle
convection.
In this volume, we bring together contributions fundamental to “Crust and
Lithosphere Dynamics”. The volume begins with a chapter by Wessel and Müller
(TOGP 101) on plate kinematics. These authors show how new observations and
methodologies have improved the resolution of relative and absolute plate motions.
By comparing these motions to predictions first-order rigid plate and fixed hotspot
reference frame models, the authors document the departures and their implications
for the driving forces of plate tectonics. This chapter is followed by 2 contributions on
plate mechanics. The first by Burov (TOGP 102) discusses the evidence that data
from experimental rock mechanics has provided on the long-term rheology of the
plates. By constructing strength profiles for both oceanic and continental lithosphere
and then incorporating them into numerical models, he has been able to evaluate the
role played by the vertically stratified rheological structure of the plates in such
phenomena as subduction and rifting, lithosphere-scale folding, and the development
of convective instabilities. The second by Sabadini (TOGP 103) examines the
evidence from geodetic data for the response of the plates to both relatively short-term
loads such as those associated with co-seismic and post-seismic deformation and the
waxing and waning of ice sheets as well as relatively long-term loads such as those
associated with plate boundaries and continental collision. He shows that the response
of the Eurasian plate to boundary loads is best modelled by a thin viscous sheet with
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spatially varying viscosity, since such a model accounts well for the geodetically
constrained velocity and stress fields. The next 3 chapters consider the evidence from
surface heat flow, borehole break-outs, and magma models for the thermal and
mechanical structure of the lithosphere. In their chapter, Jaupart and Mareschal
(TOGP 104) review the evidence based on surface heat flow data for the thermal
structure of the plates. They focus on two main issues: the first concerns the degree to
which surface heat flow data is dependant on plate age while the second involves the
mechanisms by which heat is transported at the base of the plates. They argue that
while the simple oceanic plate cooling model fails to explain the depth and surface
heat flow of old seafloor, it has provided useful information on heat transport
mechanisms at the base of the plate and helps explain why oceans, as well as
continents, tend to a thermal steady state. In their chapter, Zoback and Zoback
(TOGP 105) review the evidence from a variety of geological and geophysical data,
including in-situ measurements, for the state of stress in the upper brittle crust. They
show that on a continent-wide scale stress orientation data is strikingly uniform, a fact
that they attribute to the major forces that drive plate motions such as ridge push and
trench pull. Deviations from these stress orientations are attributed to more local
geological features such as those associated with lateral density contrasts, topography
and crustal thickness changes, and flexural loading. In his chapter, Marsh (TOGP
106) examines the evidence from the pattern and style of magmatism for processes
that control magmatic activity. These include lithospheric extension that can make
vast tracts of the continental crust accessible to melting and subduction that cause
focussed convective upwellings within the phase field of the source rock. The next
two chapters examine the deformation of the lithosphere in extensional and
compressional settings. In his chapter, Buck (TOGP 110) focuses on the effects of
initial thermal and mechanical state of the lithosphere and magmatism on the styles of
continental rifting. By considering processes such as thermal advection due to
extension and viscous flow that localize and delocalize rifting respectively, he
addresses fundamental questions related to why some rifts are narrow and others wide
and whether non-orogenic areas such as old cratons can rift in the absence of massive
magmatic input. In his chapter, Avouac (TOGP 112) investigates the links between
short-term deformation (e.g. earthquake cycle and neotectonics) and the long-term
deformation (e.g. the history of thrusting). He argues that deformation in the brittle
crust tends to be localised and that different segments of mountains are active at
different times. The next chapter by Scholz (TOGP 111) considers the structural
styles of faulting in the shallow brittle part of the lithosphere, the brittle-ductile
transition, and the shear zone in the ductile part of the lithosphere. By considering
direct evidence for fault strength, he concludes that stress in the lithosphere is limited
by faulting and is determined, to first-order, by Byerlee’s law with hydrostatic
pressure. The final chapter illustrates how developments in plate mechanics has
impacted our understanding of geological processes. In their chapter, Cloetingh and
Ziegler (TOGP 109) review the formation and evolution of sedimentary basins in
extensional, compressional, and strike-slip settings. By considering not only the
effects of extension and compression, but phenomena such as structural inheritance,
basin inversion, and far-field stresses, these authors argue that the thermal and
mechanical structure of the lithosphere is the main control on the development of
sedimentary basins.
The main other geological features not considered in this volume are mid-ocean
ridges and subduction zones. However, these features are discussed in other volumes
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by Forsyth in TOGP 12 (mid-ocean ridges) and Van der Hilst in TOGP 19
(subduction zones) and the interested reader is referred to these chapters for further
details.
We begin with this overview chapter in which we consider the degree to which of
the Earth’s outermost layers are in isostatic equilibrium. We do this by considering
both the crustal structure and the gravity anomalies that would result from such
equilibrium. By comparing these observables to calculations based on different local
isostatic models (e.g. Airy, Pratt) we determine the extent to which the Earth’s crust
tends to hydrostatic equilibrium. We then consider the departures from these firstorder models, as evidenced by the isostatic gravity anomalies. The short-term,
intermediate, and long-term loads that might disturb isostasy are then reviewed and
the implications of their deformation considered for both the elastic layer thickness of
the lithosphere and the viscosity of the asthenosphere. We then examine the
relationship between elastic layer thickness and load age and make an attempt to link
the thicknesses that have been derived at the different time-scales. The long-term
elastic thickness is the focus of the remainder of the chapter since it is this time-scale
that is most relevant to geological processes. First, we examine its correlation with
other proxies for lithosphere temperature structure such as surface heat flow and shear
wave speeds. Finally, we will explore the implications of plate flexure for terrane
structure and structural inheritance, tectonic setting, surface processes, and mantle
dynamics.
2. Isostasy and ‘steady state’ equilibrium
We know from isostasy [Bowie, 1927] that the outermost layers of the Earth tend
toward a state of hydrostatic equilibrium. In simple terms, the crust appears to float on
the underlying mantle, much like a block of wood on water. The height that such a
block floats depends on its thickness and density. Thick and light blocks should float
higher than thin and dense ones.
Probably the most best known models of flotation that have been applied to the
Earth are those of Pratt [Hayford, 1909] and Airy [Heiskanen, 1931]. These two
models regard individual blocks of crust and mantle as capable of supporting surface
and sub-surface loads independently, without restraint from neighbouring blocks.
Within a loaded ‘block’, pressure increases with depth, but there is some depth,
known as the depth of compensation, at which the pressure balances that below
unloaded blocks and below which pressures are hydrostatic.
In the Airy model, loads are compensated by variations in the thickness of a
uniform density crust whilst in the Pratt model, lateral variations in the density of
either the crust or sub-crustal mantle provide the necessary support. Both models are
highly idealized in the sense that they only consider the state that the crust and subcrustal mantle would approach given a sufficiently long time. Nevertheless, they
have, as we will see, been extremely useful.
One observable that is sensitive to the change in mass distributions that results
from loading and its associated compensation is the gravity or geoid anomaly. Locally
compensated loads, for example, would be expected to be associated with relatively
small-amplitude free-air gravity anomalies that average to zero over large areas. This
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is because there is a competition between the gravity anomaly caused by a mass
excess or deficiency and its compensating mass deficiency or excess. The magnitude
of the anomalies depends on the wavelength of loading. Nevertheless, the existence of
large-amplitude free-air gravity anomalies, for example, in the vicinity of plate
boundaries (e.g. Goringe Bank), is therefore an indicator that local isostatic conditions
do not prevail everywhere.
2.1 The Earth’s hypsometric curve and crustal structure
We can evaluate the extent to which a planetary body approaches isostatic
equilibrium by consideration of its surface topography. On Earth, topography is
defined with respect to the geoid or mean sea-level which provides a convenient
reference surface to calculate the magnitude of the loads that might disturb isostasy.
The topography above and below sea-level, for example, can be considered as such
loads. We can therefore use these loads to compute the expected thickness of the crust
and density of the sub-crustal mantle based on different isostatic models and compare
them to observations based on seismic refraction data.
Fig. 1 shows that the Earth’s topography has a distinctly bimodal distribution that
is unique among the terrestrial planets. One peak corresponds to a modal topography
of 0.303 km above sea-level whilst the other peak correlates with a modal topography
4.301 km below sea-level. These observations imply that there are fundamental
differences in structure of the crust and mantle and, hence, modes of formation
between continents and oceans.
Fig. 2 compares histograms of the Earth’s observed crustal thickness to
calculations based on different models of isostasy. The crustal structure (Fig. 2c),
which is based on the CRUST 2.0 compilation of Bassin et al. [2000], shows a
bimodal distribution with the peak at ~40 km corresponding to the continents and the
peak at ~6 km with the oceans. The calculated crustal thickness, Ts, is based on an
Airy model and is given by:
h" m
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("m # "c )
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Ts = Tc +
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Ocean h $ 0

!
where Tc is the zero elevation crustal thickness, h is the topography (Positive above
sea-level, negative below), and ρw, ρc, and, ρm, are the densities of the water, crust and
!
mantle respectively.
Fig. 2a shows a ‘standard’ model with Tc = 31.2 km, ρw = 1030
kg m-3, ρc = 2800 kg m-3, and ρm = 3330 kg m-3. This model predicts, like the observed
data, a bimodal distribution. However, the calculated peaks are displaced from the
observed ones. Continents appear to be thicker than the ‘standard’ model predicts and
the oceans thinner.

The observed bimodal peaks in Fig. 2 can be brought into agreement by adjusting
the mantle density and zero elevation crustal thickness in the calculated models. Fig.
2b shows, for example, that a model with the same zero elevation crustal thickness
and water and crust density as the ‘standard’ model, but with ρm = 3180 kg m-3 brings
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the observed and calculated oceanic peaks into better agreement. However, the width
of each peak differs. Oceanic crust is apparently thicker in deep, old, oceanic regions
than the Airy model predicts and thinner in shallow, young, oceanic regions. This
implies (for the same values of ρw, ρc , and Tc) that ρm > 3180 kg m-3 beneath old
ocean and ρm < 3180 kg m-3 beneath young ocean and, hence, lateral density changes
in the sub-oceanic crustal mantle. Such a structure is more consistent with the
predictions of the Pratt model than Airy.
Fig. 2d shows that a model with the same water, crust and mantle density as the
‘standard model’, but with Tc = 40 km brings both the location and width of the peak
in the continent into better agreement. Therefore, there does not appear to be any
requirement for significant lateral density contrasts in the sub-continental mantle and
hence we may conclude that the Airy model is a satisfactory description of the crustal
structure.
2.2 Gravity anomalies, crustal structure, and local models of isostasy
We can test the applicability of the Airy and Pratt models to individual geological
features by comparing their predicted gravity anomaly and crustal structure to
observations. We will consider 2 features here: a mid-ocean ridge and a rifted
continental margin. Although these features are linked in the sense that rifted margins
form following the break-up of continents and the formation of new ocean basins, we
will see that they are characterised by different modes of isostatic compensation.
Fig. 3 shows a free-air gravity anomaly and topography profile which intersects
the mid-Atlantic ridge at latitude 48.8° N. The red dashed line in Fig. 3b shows the
calculated gravity effect of the uncompensated seafloor topography. The gravity
effect, Δgtopo (x) was calculated using the expression of Parker [1973] which is given
by :
'
)
,
k n$1
"gtopo (x) = #$1 *2%G( & c $ & w )e$ kd (
#{h n (x)}+
.
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(2)

where ℑ denotes the Fourier transform, ℑ-1 denotes the inverse Fourier transform, h
(x) is the topography, G is the gravitational constant, k is wavenumber (which is given
by 2π/λ !
where λ is wavelength), n is the number of terms, and d is the mean seafloor
depth. The mean seafloor depth in Fig. 3a is 3.9 km which yields a gravity anomaly
that increases from about -50 mGal over the ridge flanks to > +100 mGal over the
ridge crest, assuming ρw = 1030 kg m-3 and ρc = 2650 kg m-3. These calculations are
based on a first-order theory i.e. n = 1 since the gravity effect of higher order terms in
the series expansion was found to be negligible. The figure reveals a strong
correlation between the short-wavelength (λ < ~200 km) gravity anomaly and
topography. The correlation at long-wavelengths, however, is poor. This is well seen
in Fig. 3c which shows that the general level of the observed anomaly is
approximately the same either side of the ridge, despite the systematic deepening of
the seafloor away from the crest of the ridge.
The differences in observed and calculated gravity anomalies in Fig. 3 suggest
that the gravity excess of the topography at mid-ocean ridges must be compensated by
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a mass deficiency at depth. The question that remains is the form of this
compensation. One possibility is that the ridge topography is in a state of Airy or Pratt
isostatic equilibrium. We can test this assumption by computing the gravity effect of
the different isostatic models and comparing them to the observed gravity anomalies.
The first-order gravity effect of a variable crustal thickness Airy model, ΔgAiry (x), for
example, is given by:
"gAiry (x) = #$1{2%G( & c $ & w )#{h (x)}e$ kd (1$ e

$ kt

(3)
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where t = mean thickness of the crust. The first-order gravity effect of a constant
crustal thickness Pratt model, ΔgPratt (x) is given (e.g. Watts, 2001, Eq. 5.16) by:
!
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where tc is the mean thickness of the crust and Dc is the depth of compensation.

!

Fig. 3d shows that the observed free-air anomaly is explained well by either an
Airy model with Tc = 31.2 km or a Pratt model with a depth of compensation, Dc, of
125 km. This does not mean, however, that these models are the best description of
the state of isostasy at the ridge.
In fact, we can dismiss an Airy model because it predicts that the oceanic crust
thickens from ~ 11.7 km at the edge of the profile to ~ 20.3 km beneath the ridge
crest. Histograms based on seismic refraction data, however, show a well-defined
peak in the crustal thickness at 7-8 km [Mutter and Mutter, 1993]. Moreover, there is
no evidence that younger, more elevated oceanic crust, is thicker here than older
crust. The compensation cannot therefore be attributed to crustal thickening of a
uniform density crust and must therefore be due to lateral density variations in either
‘layer 2’ and/or ‘layer 3’ of the oceanic crust, the sub-crustal mantle, or some
combination of the crust and mantle.
These considerations suggest that Pratt might be a better model to explain ridge
compensation than Airy. In this model, which allows the possibility of a crust with
uniform density and thickness, compensation is achieved by lateral density changes in
the sub-crustal mantle. The model implies lower density beneath the elevated ridge
crest than beneath ridge flanks. Such a model is compatible with thermal models in
which oceanic lithosphere is created at a hot, low density, upwelling region beneath
the ridge and then increases its density as it cools and subsides with age.
Fig. 3 shows that there are departures, however, between the calculated gravity
based on Pratt and observations in the region of the rift flanks. This is the shallowest
part of the ridge crest and apparently there is no underlying lateral density change
between the base of the crust and the depth of compensation that is able to explain it.
One possibility is that the depth of compensation is much shallower beneath the rift
flanks than beneath deeper adjacent regions. Another is that there are dynamic effects
such that pressures do not necessarily balance at a particular depth. Rather,
compensation is achieved at least in part by lateral flow.
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While isostatic compensation at the mid-ocean ridge therefore appears to be quite
well explained by a Pratt model of isostasy, the margins of the ocean basins where
oceanic crust abuts continental crust appear to be better described by an Airy model.
This is well seen at the Nova Scotia passive margin, which formed following
continental break-up and the rifting apart of the North American and Eurasian plates
during the Early Cretaceous (Fig. 4). Seismic refraction data reveal ‘normal’ thickness
(~32.5 km) continental crust beneath the shelf offshore Nova Scotia, which is
characterised by an upper crust velocity of 5.2-5.7 km s-1 and lower crust velocity of
6.8-6.9 km s-1 [Wu et al., 2006]. The crust then thins abruptly beneath the continental
slope to ~10 km over a horizontal distance of ~150 km. At ~325 km, the thin crust
abuts normal thickness oceanic crust.
The thinning of the continental crust at the Nova Scotia margin is in good
agreement with the prediction of an Airy model with Tc =31.5 km and densities of
1030 kg m-3, 2800 kg m-3 and 3300 kg m-3 for the water, crust and mantle respectively
(Fig. 4). The Root Mean Square (RMS) difference, for example, between the
observed and predicted depth to Moho is 2.16 km
An Airy model is also in accord with the observed free-air gravity anomaly at the
margin. In particular, a model that incorporates the gravity effect of the topography
and its Airy compensation explains well the long-wavelength component of the
observed free-air anomaly (Fig. 4), especially the position of the free-air anomaly
edge effect ‘high’ and ‘low’. This is seen in the Airy isostatic anomaly which is
generally subdued across the margin. We attribute the short-wavelength anomalies in
the region of shelf and slope to lateral density variations due, for example, to syn-rift
basins.
The fact that Airy model fits both the seismic and gravity anomaly data does not,
by itself, mean that the mechanisms of margin formation which involve processes of
continental rifting, denudational isostasy, sediment loading, and flexure are not
important contributors. Rather, it indicates that a state of equilibrium prevails and that
despite the various processes that have affected the margin through time, it is
approaching steady state.
2.3 Departures from local isostasy: Flexural isostasy
There are a number of locations on Earth were the Pratt and Airy models are
unable to fully explain the gravity anomalies that are observed. Two such locations
that have featured prominently in previous isostatic studies are the Hawaiian Islands,
in the interior of the Pacific plate, and northern India and the Tibetan Plateau, in the
region the Indian and Eurasian plate boundary.
Fig. 5 shows the isostatic anomalies in the region of the Hawaiian Ridge as
derived by Vening Meinesz [1941]. He showed using submarine gravity
measurements that an Airy model could not explain either the amplitude or
wavelength of the free-air gravity anomaly across the Hawaiian Ridge in the region of
Oahu. In particular, he found that after correcting the free-air anomaly for the gravity
effect of the topography and its Airy compensation that a large-amplitude ‘high’ and
‘low’ remained over the ridge and flanking regions. The ‘high’ implies that the Moho
is shallower under the ridge than the Airy model predicts while the ‘low’ indicates it
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is deeper in flanking regions. Vening Meinesz [1941] demonstrated that a model in
which the ridge was supported regionally, rather than locally, could better explain the
observations.
In order to compute the gravity effect, Vening Meinesz set up a model in which
the volcanic rocks that comprise the Hawaiian Ridge loads the surface of an elastic
plate that overlie an inviscid substrate. The particular formulation that he used was
that of Hertz [1884] who derived an analytical expression for the flexure of a thin
elastic plate due to a concentrated ‘point’ load. The load-induced flexure comprised a
subsidence or depression that was largest beneath the load, but that extended into
flanking regions because of the plate rigidity. Beyond the region depression, was a
flexural uplift or bulge.
The flexure is determined by a parameter, β, which is related to the elastic
parameters of the plate. In the Hertz [1884] formulation,
1/ 4

%
(
D
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*
&( # substrate $ # inf ill )g )
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where ρsubstrate is the density of the inviscid substrate, ρinfill is the density of the material
that infills the flexure, g is gravity, and D is the flexural rigidity of the plate. D is
!
given by:
ETe3
D=
(6)
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where Te is the elastic plate thickness, E is the Young’s modulus, and υ is the
Poisson’s ratio.
!
In the Hertz [1884] formulation, the distance to the first node (i.e. first point of no
subsidence or uplift beyond the load) is given by 3.887β. Vening Meinesz [1941] used
the flexure to compute the gravity effect of the compensation. However, he described
the flexure in terms of the ‘radius of regionality’, R, which is related to β by:
R = 2.905β
Vening Meinesz [1941] set up tables to compute the flexure and gravity anomaly
directly from the topography and found that R = 234.4 km best minimised the
isostatic anomalies over the Hawaiian Ridge. This corresponds to Te = 28.8 km,
assuming ρsubstrate = 3330 kg m-3, ρinfill = 2800 kg m-3, and g = 9.81 m s-2.
The introduction of surface ship gravimeters in the mid-60s led to the acquisition
of many gravity anomaly and bathymetry profiles over the Hawaiian Ridge. Fig. 6
shows one profile that intersects the ridge between Oahu and Molokai. Fig. 6b shows
a close agreement between the observed free-air gravity anomaly and the calculated
anomaly based on Te = 20 and Te = 30 km. The calculated profiles based on Te = 10
km produce an anomaly that has too small amplitude over the load and too short
wavelength in the flanks whilst Te = 50, 75 km produces an anomaly that is too high
and too broad.
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The elastic parameters that best describe flexure at an individual feature can be
estimated directly from the isostatic anomaly. Fig. 6b shows, for example, the flexural
isostatic anomalies at the Hawaiian Ridge. The anomalies were calculated by
subtracting the gravity effect of the topography and its flexural compensation from
the observed free-air anomaly. The Te that produces the most subdued isostatic
anomaly and, hence, the best fit between observed and calculated free-air gravity
anomalies is in the range 20-30 km. Fig. 6c shows that the RMS difference of the
flexural isostatic anomaly reaches its minimum value at Te = 25 km, which is close to
the estimate derived by Vening Meinesz [1941] from a much sparser gravity and
topography data set. The isostatic anomalies that remain over the Hawaiian Ridge are
most likely due to shallow geological structures that have not been included in the
flexure model.
Fig. 7 shows the pattern of isostatic gravity anomalies that are observed in
northern India and the Tibetan Plateau. The figure shows a prominent positivenegative isostatic anomaly ‘couple’ associated with the southern boundary of the
Tibetan Plateau. The couple, which is recognisable on earlier Airy and Pratt isostatic
anomaly maps (e.g. Chugh and Bhattacharji ,1974), occurs to the south of the Indus
Tsangpo Suture which separates the Indian and Eurasian plates. The positive
anomalies correlate with the Greater Himalaya that comprises rocks that underwent
high-grade amphibolite facies metamorphism during the Himalayan southwardthrusting. The negative anomalies reach their minimum values just to the south of the
Main Boundary Thrust (MBT) and extend to the distal edge of the Ganges foreland
basin.
As we argued at the Hawaiian Ridge, isostatic anomalies are indicative of the
crustal structure. The belt of positive isostatic anomalies in Fig. 7b, for example,
indicate that the Lesser and Greater Himalaya has a shallower Moho than is predicted
by Airy whilst the negative anomalies indicate that the Moho beneath the Ganges
foreland basin is deeper. These observations have been interpreted by Karner and
Watts [1983] and Lyon-Caen and Molnar [1983] as indicating that the Himalaya are
supported, at least in part, by the strength of the lithosphere and that the Ganges
foreland basin developed by flexure in front of the migrating thrusts and folds that
comprise the mountain range.
We recently used an iterative 3-dimensional forward modelling technique to
estimate the spatial distribution of Te that is required to minimise the isostatic
anomalies [Jordan and Watts, 2005]. The main results, shown in Fig. 7c, suggest that
the Tibetan Plateau is associated with relatively low Te values (0 < Te < 20 km) whilst
northern India correlates with relatively high values (Te > 80 km). That the Tibetan
Plateau has a lowTe and, hence, flexural strength compared to northern India is
compatible with what is known about the regional crustal structure and surface heat
flow in the two regions. For example, the Tibetan Plateau is associated with a thick
crust (70-80 km - Kind et al., 1996), high surface heat flow (~82 mW m-2 – Wang,
2001), and seismic reflection [Brown, et al., 1996] and Electro-Magnetic [Chen, et al.,
1996] profile evidence for fluids in the mid-crust whilst northern India has normal
thickness crust {~35-40 km - Hetenyi et al., 2006), low heat flow and an absence of
evidence for fluids in the crust.
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The low and high Te regions in northern India and the Tibetan Plateau are
separated by a steep gradient that is located just to the north of the MBT. A similar
gradient has been deduced by Hetenyi et al. [2006] from thermo-mechanical
modelling. By comparing model predictions based on an assumed rheology for the
underthrust Indian plate to the depth to the base of the Ganges basin and Moho, as
determined by receiver functions, these authors have been able to estimate the Te
structure along a profile of the Himalaya and proximal Ganges basin at longitude 85o
W. Their Te gradient, however, is located ~200 km to the south of the MBT.
Furthermore, their Te values beneath the Himalaya are lower than those deduced by
[Jordan and Watts, 2005] (~30 km compared to ~70 km). We are not certain of the
reason for the discrepancy although it may be due to a lack of consideration by
Hetenyi et al [2006] of stronger rheologies, such as would be expected from a dense
lower crust or dry olivine mantle.
3. The deformation of the crust and lithosphere
We have been concerned thus far with the response of the Earth’s outermost
layers to long-term, large-scale, surface loads. In fact, these layers have been subject
to a wide range of temporal and spatial scales of load. Each load scale provides
different information about the response regime. Intermediate time-scale loads, for
example, are associated with a “transient” regime in which the outermost layers
would respond to loading (and unloading) by deforming over time (e.g. Fig. 8). We
will focus here therefore on three time-scales: short-term (i.e. 0-120 s), intermediate
(~10 ka) and long-term (> ~1 Ma).
3.1 Earthquake loading, post-seismic relaxation, and the short-term (i.e. up to a few
hundreds of s) response.
The moment release in an earthquake can be considered as a short-term load on
the crust and lithosphere that will respond by deforming. The pattern of deformation
provides information not only on the fault slip plane that generates the earthquake, but
the rheological properties of the crust and lithosphere.
A model that has been particularly successful in explaining the deformation that
occurs during an earthquake cycle (i.e. the so-called co-seismic deformation) is an
elastic half-space model [Savage and Burford, 1973; Okada, 1985; Feigl, et al.,
1993]. Okada [1985], for example, gives analytical expressions for the deformation
that would be expected from slip on different types of faults embedded in an elastic
half-space.
In general, there have been two main approaches to modelling co-seismic
deformation. In the forward approach, an elastic half-space model is used to compute
the displacements on particular ‘patches’ of the fault that are then compared to
observations such as those derived from Global Positioning System (GPS) and
Synthetic Aperture Radar interferometry (InSAR) data. In the inverse approach, the
geodetic data are used to determine the displacements directly. Both approaches aim
to constrain parameters such as the strike, dip and rake of the fault that causes an
earthquake and, hence, the geometry of the slip plane.
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Examples of recent earthquakes that have been modelled using an elastic halfspace model include Landers (Mojave desert)– 1992 [Miller et al., 1993], Dinar
(Turkey) – 1995 [Wright et al., 1999], Aiquile (Bolivia) - 1998 [Funning et al., 2005],
Hector Mine (Mojave desert) - 1999 [Hurst et al., 2000], Chi-Chi (Taiwan) - 1999
[Johnson et al., 2001], Izmit (Turkey) – 1999 [Reilinger et al., 2000], and BAM (Iran)
– 2003 [Motagh et al., 2005]. These studies show that the vertical depth extent of slip
on the fault plane varies with tectonic setting, but is usually confined to the uppermost
~15 km of the brittle part of the crust.
The elastic half-space model has been modified to take into account a possible
vertical stratification in the elastic properties. Ma and Kusznir [1995] and Hearn et al.
[2005], for example, used CRUST 5.0 to determine how the shear modulus might
increase with depth and then applied it to the co-seismic deformation associated with
Izmit earthquake. They showed that a multilayer elastic model produces a greater slip
at depth than the half-space model. In addition, Fialko [2004] has shown that a
multilayer elastic models explain well both the far-field and near-field symmetries
and asymmetries in the horizontal and vertical displacements derived from InSAR and
GPS data associated with the Landers and Hector Mine earthquakes.
Despite its success, however, the elastic half-space model is limited because it
ignores time-dependant contributions to the deformation. There are now a number of
observations based on geodetic levelling, GPS and InSAR data, for example, of a
post-seismic deformation following an earthquake (e.g. Pollitz et al., 2000, Savage et
al., 2005). These data suggest some form of viscous relaxation process in the
lithosphere-asthenosphere system.
Another model, therefore, is of a fault embedded in an elastic layer that overlies a
viscoelastic half-space. The deformation in such a model [Nur and Mavko, 1974;
Savage and Prescott, 1978; Spence and Turcotte, 1979; Pollitz, 2001; Dixon, et al.,
2003] is time-dependant and depends on the viscosity, the thickness of the elastic
layer, and the time that has elapsed since the last earthquake compared to the viscous
relaxation time.
Fig. 9 shows an example of the deformation that would be expected during and
following slip on a vertical normal fault that is confined to an elastic layer that
overlies a viscoelastic half-space. The deformation, which was calculated using the
code of Fukahata and Matsu'ura [2005, 2006], reveals an uplift on the upthrown side
of the fault (the footwall) and a subsidence on the downthrown side (the hanging
wall). The initial, or co-seismic, deformation is seen to be largely independent of the
elastic layer thickness, h (note that we use h to indicate the short-term elastic layer
thickness in order to distinguish it from the long-term elastic thickness, Te), and halfspace viscosity, ηa. As time elapses, however, viscous effects dominate the initial
elastic effects and the width of the uplift and subsidence region broadens. The width
depends on the elastic layer thickness with the narrowest region of uplift and
subsidence being associated with the thinnest plate and the widest region with the
thickest.
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The relationship between the width of deformation, w, and the elastic layer
thickness, h, can be illustrated using a model of a discontinuous (i.e. broken) elastic
plate over an inviscid substrate. We have (e.g. Watts, 2001, Eq. 3.50):

w=
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2
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where α is the flexural parameter which is given by
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With E = 80 GPa, ρm = 3330 kg m-3, g = 9.81 m s-2, and v = 0.25 Eqs. (7 and 8) give w
= 48.0 km and w = 109.4 km for Te of 10 and 30 km respectively. These widths
!
reproduce well the calculated
widths in Fig. 9.
We see from Fig. 9 that the thickness, h, has a dampening effect on the postseismic deformation: thick elastic layers are associated with a smaller amplitude
deformation than are thin layers. The main control, however, on the deformation is
the half-space viscosity. Low viscosity implies a more rapid response time than high
viscosity.
The response time, τm, of a Maxwell viscoelastic half-space is given
approximately (e.g. Mckenzie, 1967) by

" m = (2(n + 1) 2 + 1)

#a
n$ m ga

(9)

where n is the surface harmonic degree, ηa is the half-space viscosity, and a is the
radius of the Earth. With n = 400 (which corresponds to λ ~ 100 km), a = 6.378 × 106
m, ρm = 3330 kg m-3!
, and g = 9.81 m s-2 Eq. (10) gives τm = 1.2 ka and τm = 122.5 ka
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for ηa of 10 Pa s and 1021 Pa s respectively. These calculated response times are
consistent with Fig. 9 which shows that for the low viscosity case deformation is
essentially complete within ~1 ka whilst for the high viscosity case it is not complete
until ~1 Ma.
What is clear from Fig. 9 is that the magnitude of the post-seismic deformation is
small, especially in the case of a thick elastic layer and a high half-space viscosity.
This makes it difficult to separate the time-dependant effects due to load-induced
viscous relaxation from other effects such those associated with pore-elastic rebound,
afterslip, and regional tectonics.
Since the 70s, more complex layered models have been proposed in order to
account for post-seismic deformation. Pollitz [1997], for example, developed a model
(VISCO1D) of an elastic plate overlying a viscoelastic thin channel of finite
thickness, which in turn overlies an elastic half-space. The main differences between
the viscoelastic half-space and thin channel models have been discussed by Pollitz
[1997] and Cohen and Kramer [1984], before him, who note that the differences are
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largest early on in the earthquake cycle when displacements are smaller in the channel
model than the half-space and there is a shift in the maximum displacement towards
the fault.
Pollitz et al. [1998] applied a thin channel model to geodetic levelling and GPS
data in the region of the Loma Prieta (northern California) earthquake. By assuming
an elastic upper crust layer thickness of 16 km, he showed that the best fit to the
geodetic data was for a Maxwell viscoelastic lower crust with a viscosity of 1019 Pa s
which in turn is underlain by a elastic layer. However, they also showed that a
standard linear solid (i.e. a material with a viscous element that is elastic on both
short- and long-time scales) lower crust underlain by a viscoelastic mantle with 1019
Pa s could explain their data equally well.
Pollitz et al. [2000] and Pollitz et al. [2001] considered both linear (i.e. Maxwell
viscoelastic and standard linear) and non-linear (ie. power law) models in their
studies of GPS and InSAR data associated with the Landers and Hector Mine
earthquakes. For Landers they used a 30 km thick elastic layer (which comprised a
16 km thick elastic layer for the upper crust and an underlying 14 km thick standard
linear lower layer) for the lower crust and found an underlying moderate viscosity
mantle with ~7 × 1018 Pa s between 30-50 km and ~3 × 1018 Pa s for greater depths.
For Hector Mine, however, they used a 30 km thick upper layer that comprised a 16
km thick elastic layer, a 14 km thick lower viscoelastic crustal layer with 1.1 × 1019 Pa
s, and a mantle viscosity that increases with time from ~5 × 1017 Pa s in the first few
months to ~2 × 1019 Pa s after 1-3 a. The latter behaviour, they argue, could arise from
a non-linear rheology.
The applicability of non-linear rheologies to post-seismic relaxation data has been
critically discussed, most recently by Dalla Via et al. [2005] and Lorenzo-Martin et
al. [2006]. Dalla Via, et al. [2005] preferred a Maxwell viscoelastic model in their
analysis of the normal fault Irpinia (southern Appenines) earthquake, arguing that the
availability of only two levelling data sets 1 a and 5 a after the earthquake meant that
it would not be possible to measure the transient effects associated with non-linear
rheologies. They found h of 18-20 km and ηa ~1019 Pa s which suggest a weak lower
crust. Lorenzo-Martin et al. [2006] also used a Maxwell model in their analysis of the
probable thrust fault Valdivia (Chile) earthquake, arguing that since their GPS data
was aquired 35 yr after the earthquake that the deformation probably had reached
steady state by that time. They found a 46 km thick elastic plate overlying a 1020 Pa s
mantle.
It is interesting to note that while the elastic layer thickness deduced for the
Valdivia earthquake is significantly higher than those derived at Landers and Hector
Mine, it is of the order of the estimates of Nishimura and Thatcher [2003] at the 1959
Hebgen Lake (northern Basin and Range, Western US) earthquake. These authors
used geodetic levelling data from two surveys after the earthquake and showed that
the width of the uplift (up to 300 mm over several tens km) could be explained by a
single earthquake cycle model of an elastic plate overlying a Maxwell viscoelastic
half-space (Figs. 10 and 11). The best fits were for h of 38 km and ηa of 4 × 1019 Pa s.
Similar results were obtained by Vergnolle et al. [2003] from the 1905 Bolnay-
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Tsetserleg and 1957 Bogd sequence of earthquakes in an intercontinental setting in
central Mongolia (h = 35 km and ηa = 1-4 × 1019 Pa s).
Many earthquakes occur on plate boundaries where there has been a long history
of seismicity and so one question is how the temporal sequence and rupture lengths of
past earthquakes cumulatively contribute to the present day displacement field. Hearn
et al. [2002], for example, used the Savage [2000] multiple earthquake cycle model to
analyse the displacements that would arise for 12 earthquakes during 1912-1981
along the Anatolian strike-slip plate boundary separating the Eurasian and African
plates. They found h = 25 km and an asthenosphere viscosity, η, > 5 × 1020 Pa s which
implies a thin elastic plate and strong mantle.
Smith and Sandwell [in press] used a new 3-dimensional deformation model
[Smith and Sandwell, 2004] to analyse the displacements from 37 historical (18002004) and pre-historical (after 1000 AD) earthquakes on the San Andreas fault
system. They found h = 70 km and η = 3 x 1018 Pa s which implies a thick plate and
weak mantle.
High elastic layer thickness is not, in fact, an uncommon result in geodetic
studies. Johnson and Segall [2004] used the contemporary GPS velocity field across
the Carrizo Plain and San Francisco Bay segments of the San Andreas fault system
and derived values of 44 < h < 100 km. Cohen and Darby [2003] used geodetically
constrained velocities across the Pacific and Indo-Australian plate boundary in
southern North Island, New Zealand and derived h of ~45 km and 100-160 km for the
Pacific and Indo-Australian plate respectively.
These regional differences between elastic layer thickness and mantle viscosity
are interesting as they help explain why the patterns of deformation that follow
earthquakes vary with tectonic setting. Fig. 9, for example, show that elastic layer
thickness differences affects the amplitude and wavelength of the deformation as well
as the duration of the deformation - thick plates yield larger wavelength features than
thin plates. This explains why the lobate vertical deformation patterns associated with
the relatively thick elastic layer (h > 60 km) San Andreas system are wide (w ~500
km) while those associated with the relatively thin plate (h ~ 15 km) Landers and
Hector Mine earthquakes are narrow (w ~70 km). Mantle viscosity, on the other hand,
determines how quickly plates relax – low viscosity yield shorter relaxation times
compared to high viscosity. This explains why the relatively high mantle viscosity
San Andreas and Landers earthquakes [Smith and Sandwell, in press; Pollitz et al.,
2000] are associated with a long relaxation time (3.6-7.0 a) whilst the relatively low
viscosity Hector Mine earthquake [Jacobs et al., 2002] correlate with a short
relaxation time (~135 days).
3.2 Glacial and lake loading and unloading, rebound, and the intermediate-term (a
few tens of thousand yrs) response
The waxing and waning of ice sheets loads and unloads the crust and lithosphere
which responds by flexure. The last glacial maximum was ~21 ka when much of the
northern hemisphere was covered by an ice sheet > 1 km thick. As climate began to
warm, the ice sheet retreated leaving in its wake vast melt water lakes such as the
former Lakes Agassiz and Algonquin. The present-day Great Lakes, that straddle the
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USA-Canada border, are remnants of these lakes. Deglaciation was interrupted ~1311 ka when cold conditions briefly returned during the Younger Dryas. The final
stage was more rapid, forced by rising temperatures. Today, ice cover in the northern
hemisphere is limited to Greenland, Baffin island, Devon and Ellesmere islands,
Svalbard, Franz Josef Land, the Taymyr marginal zone (Siberia) and perennial ice
cover in the Arctic ocean.
It has been known since the pioneering work of McConnell [1968] that the
deformation following ice retreat provides information not only on the viscosity of the
asthenosphere, but the elastic thickness of the lithosphere. He found that were two
spectral peaks in the Fennoscandia uplift data: a primary long wavelength (λ ~ 1800
km) peak that required very long relaxation times and hence a viscous mantle to
explain it and a secondary short wavelength (λ ~ 480 km) peak that required short
times and a less viscous mantle. He found that the incorporation of a 120 km thick
elastic layer that was underlain by a low-viscosity upper mantle layer which, in turn,
was underlain by a more viscous lower mantle explained both peaks in the spectral
uplift data well.
Iwasaki and Matsu'ura [1982] used uplift data from the shorelines of former Lake
Bonneville and Fennoscandia to estimate both the elastic layer thickness, H (note that
we use H to define the intermediate-term elastic layer thickness in order to distinguish
it from the short-term elastic layer thickness, h, and the long-term elastic thickness,
Te), and upper mantle viscosity, η. They used a 3-layer rheological model, similar to
that of McConnell and estimated H ~30-40 km (Lake Bonneville) and H ~100 km
(Fennoscandia) and a viscosity of the underlying layer of 1 × 1021 Pa s and 1.4 × 1020
to 1.4 × 1021 Pa s respectively. Iwasaki and Matsu'ura [1982] found that changes in
elastic layer thickness had a significant effect on the displacement in the loaded area:
thin elastic layers gave relatively large displacements over small areas, whilst thick
layers gave relatively small displacements over large areas. The similarity in upper
mantle viscosity and, hence, relaxation times between Lake Bonneville and
Fennoscandia suggested to them, however, that H is the main factor that causes
regional differences in their uplift patterns.
Fjeldskaar [1994] showed that vertical crustal displacement field in Fennoscandia
is particularly sensitive to H and helps explain observations such as regional
differences in the tilting of former lake shorelines. He found, for example, that higher
tilts required a lower H and lower tilts a higher H. The best fit ice model implies that
since the Helsinki region has low tilts, it has a relatively thick elastic layer thickness
(H ~ 50 km) whilst western Norway, which has high tilts, requires a relatively low
thickness (H ~ 20 km).
Most other estimates of H from glacial rebound studies, however, are significantly
higher than 20-50 km. Davis and Mitrovica [1996], for example, used the ICE-3G
model of Tushingham and Peltier [1991] and relative sea level curves derived from
tide gauges to suggest that H = 120 km and an upper and lower viscosity of 1021 Pa s
and 4 × 1021 Pa s respectively at the East Coast, USA. They noted the importance of
glacial isostatic rebound to the sea-level curves that include both a melting and local
tectonic component. Moreover, they showed that many of the features in the rebound
corrected sea-level curves of previous workers are eliminated if the lower mantle
viscosity is increased.
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Di Donato et al. [2000] noted, however, that an ICE-3G model with H = 120 km
could not explain all the details of the sea-level curves along the East Coast, USA. In
particular, they noticed discrepancies of up to 1 mm/yr in the rate that they attributed
to the effects of a viscous layer that was embedded in the elastic layer. Their preferred
model therefore was a 80 km thick elastic layer with a 15 km thick viscoelastic layer
with viscosity of 1018 Pa s embedded in it.
Somewhat smaller elastic layer thicknesses were reported by Lambeck et al.
[1998] and Peltier et al. [2002] for the ice sheet that, at its maximum, covered much
of the British Isles. Lambeck et al. [1998] and Shennan et al. [2000], for example,
found 65 < H < 85 whilst Peltier et al. [2002] preferred H = 90 km. The Peltier et al.
[2002] and Shennan et al. [2000] models are based on the same general constraints for
the maximum thickness of the Scottish ice sheet [Ballantyne, et al., 1998]. It is not
immediately clear therefore why these authors obtained such different H estimates.
One possibility is the different viscoelastic structure assumed between the models and
the trade-off that exists between upper mantle viscosity and elastic layer thickness.
Another is the different number of dated sea-level index points that were apparently
used in the modelling.
Milne et al. [2004] used the rates of displacement constrained by GPS
measurements to estimate the elastic layer thickness and mantle viscosity in
Fennoscandia. They found the horizontal rates to be particularly sensitive to elastic
thickness and mantle viscosity and that certain trade-offs existed between them. They
showed, for example, that a combination of a high elastic layer thickness and high
viscosity could explain the rate data as well as a combination of low elastic layer
thickness and low viscosity. Their preferred mantle viscosity structure (upper mantle
= 8 × 1020 Pa s and lower mantle = 1022 Pa s) implies an elastic layer thickness of 120
km (Fig. 12).
Finally, Latychev et al. [2005] and van den Berg et al. [2006] have investigated
the effects of spatial variations in elastic layer thickness on the patterns of glacial
rebound. Latychev et al. [2005] showed that variations in elastic layer thickness
across the continent/ocean boundary in the North Atlantic region could induce
changes of up 0.5 mm/yr in horizontal displacements rates. Stronger motions implied
small elastic layer thickness whilst weaker motions implied a large thickness. Their
preferred model was a continental elastic layer thickness of 220 km and an oceanic
elastic layer thickness of 70 km, which yielded an average thickness of ~120 km. van
den Berg et al. [2006] showed that spatial changes in elastic later thickness could
affect not only the pattern of rebound, but also the spatial extent and the reconstructed
volume of the ice.
That spatial variations in elastic layer thickness maybe important in glacial
loading and unloading can be demonstrated by considering a model of an elastic plate
overlying an inviscid substrate. Although such a model is time-invariant, it is
indicative of the deformation that the crust and lithosphere would approach given
sufficient time. Walcott [1970a], for example, used the model to account for the
present day height of the ~12 ka shorelines of Lake Algonquin (Fig. 13): a ~200 m
deep lake that once infilled the flexural depression flanking the Laurentide ice sheet.
He found a best fit elastic layer thickness, Te, of ~ 85 km.
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Fig. 14 shows the flexure that would be expected for a load, the approximate size
of the Scottish ice sheet, which is superimposed on a lithosphere with a spatially
varying elastic thickness structure. The calculations assume a disk-shaped ice load
(radius = 75 km and height = 400, 500, and 600 m) centred near Fort William,
Scotland and the elastic thickness structure derived by Pérez-Gussinyé and Watts
[2005] from a spectral analysis of Bouguer gravity anomaly and topography data. The
observations comprise ~15-18 ka raised beaches [Sissons, et al., 1966] and a 4 ka sealevel data set inferred mainly from peat deposits [Shennan and Horton, 2002b]. The
figure shows general agreement between the uplift as indicated in the raised beach
data and the pattern of uplift and subsidence as indicated by the sea-level data. In
contrast, the flexure for a uniform Te of 65 and 90 km (which correspond to the values
of H used by Lambeck et al. [1998], Shennan et al. [2000] and Peltier et al. [2002] in
their studies) do not fit as well. In particular, the uplift is too small and the width too
broad. The fit to the uplift data could be improved by increasing the load height. Both
Lambeck et al. [1998] and Peltier et al. [2002], for example, considered ice load
heights of up to 1 km. The problem is that greater load heights predict an even wider
region of uplift.
Therefore, the spatially varying Te of Pérez-Gussinyé and Watts [2005], which
predicts low values north of the Iapetus suture and high values to the south, accounts
for the magnitude of rebound, the width of the uplift, and the presence of a wide
flanking region of subsidence. The model suggests a load height of ~500 m, but there
are few constraints, except perhaps in northwest Scotland where the ice sheet appears
to have formed a broad dome up to ~750 m high [Ballantyne, et al., 1998].
Irrespective, Fig. 14 illustrates the importance of a spatially varying elastic layer
thickness structure in glacial rebound studies - not only for the pattern of flexure, but
also the volume of the ice load.
3.3 Volcano and sediment loading and the long-term (greater than several hundreds
of thousand yrs) response
Volcanoes represent discreet loads on the surface of the lithosphere. They are
associated with rapid eruptions, but they form over much longer periods of time. The
large shield volcanoes of the ‘big’ island of Hawai’i, for example, range in age from
0–0.4 Ma. However, sampling of seamount flanks suggest that shield volcanoes can
take as long as ~1.5 Ma to form [Clague, et al., 1989]. Furthermore there is evidence
at some ocean islands (e.g. the Marquesas Islands) of volcanism that continues for
some 2-4 Ma after the main tholeite shield-building phase has ended [Duncan, et al.,
1986].
Fig. 15 shows the flexure northeast of Oahu (Hawaiian Islands), as revealed by
seismic reflection profile data. The figure shows that ~200 km from the northeast
flank of the island, the top of Pacific oceanic crust shallows to ~4.5 km, where it
forms a bulge on the seafloor. At about 180 km, oceanic crust progressively deepens
until beneath the island flank it is > 3.5 km deeper than it is in the bulge region. This
flexure of the oceanic crust can be explained by an elastic plate model with a load
defined by the bathymetry above a depth of 4.5 km and a thickness, Te, of 25 km. The
calculated flexure based on Te = 10 km predicts too narrow and deep flexure
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compared to the observed whilst Te = 50 km predicts a flexure that is too broad and
shallow.
The Hawaiian Islands form part of the Hawaiian-Emperor seamount chain which
formed as the Pacific plate migrated over a deep mantle ‘hotspot’, presently located
beneath Loihi, As each new volcano in the chain has been added, its flexural effects
have influenced the vertical motion history of pre-existing ‘upstream’ islands [Watts
and ten Brink, 1989]. For example, flexure due to the relatively young load of
Hawai’i (< 0.4 Ma) has deformed older volcanoes in the Hawaiian Islands. Maui, for
example, is in the flexural moat of Hawai’i and therefore experiences subsidence.
Oahu, however, is in its bulge region and therefore experiences uplift. As Grigg and
Jones [1997] have shown, such patterns are consistent with observations, especially
the raised fossil beach deposits on Oahu [Grossman and Fletcher, 1998] and the
submerged wave-cut terraces [Ludwig, et al., 1991] on the northwest flank of
Hawai’i.
Other examples of flexural ‘dimpling’ have been observed in the Southern Cook
Islands (Fig. 16). McNutt and Menard [1978] argued that the relatively young loads of
Rarotonga and Aitutaki have deformed their pre-existing neighbouring islands. Atiu
and Mauke, for example, are located on the bulge of both Rarotonga and Aitutaki and
have been raised 63 and 19 m respectively. While there is currently some dispute
about the relative ages of these islands [Jarrard and Turner, 1979], it is clear that
flexure is capable of deforming pre-existing, oceanic islands and seamounts,
depending on their distance from the main load centres.
Volcanoes onshore should show similar flexure features as are seen in oceanic
regions (e.g. Smith et al., 2002). Unfortunately, it is more difficult to document the
evidence for flexure because of the modifying effects of erosion and sedimentation
and the fact that many terrestrial volcanoes are superimposed on broad topographic
swells.
One example, however, that can be relatively easily isolated from the background
regional topography is Kilimanjaro in Tanzania. This volcano, which has a relief of >
4.5 km and is ~80 km wide at its base, is of Pleistocene age (~1.8-0.01 Ma) and has
been emplaced on Precambrian basement of relatively low relief. Preliminary
calculations [Humphreys, 2003] suggest that Kilimanjaro has depressed the
underlying crust and lithosphere by upwards of 4 km over horizontal distances of
>200 km.
Unlike volcanoes, which form relatively narrow, short duration, loads, sediments
reflect broad loads over long periods of time. Nevertheless, they have provided useful
information on the long-term deformation of the crust lithosphere, especially at large
river deltas.
One example is the Amazon delta and associated deep-sea fan that have
developed offshore northeast Brazil. Plate reconstructions show that the delta and fan
have been deposited on a rift-type and shear-type margin that formed following the
separation of South America and Africa and the opening of the Equatorial Atlantic
ocean in the late Albian. The modern delta is limited in extent to the inner continental
shelf and probably formed as a result of a high sediment flux that accompanied the
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last major sea-level rise [Hubscher et al., 2002]. The deep-sea fan, however, extends
across the outer shelf, the slope and upper rise, and is believed to have formed during
the Middle/Late Miocene, following uplift and erosion in the Bolivian Andes
[Damuth, 1975].
A difficulty with quantifying the role of flexure at delta-fan systems in rifted
margin settings is that the original configuration of the margin and, hence, magnitude
of the applied sediment load is unknown. However, it is possible to use sediment
thickness and gravity anomaly data, together with combined 3-dimensional flexural
backstripping and gravity modelling techniques to determine the load and, hence,
flexure (e.g. Watts, 1988; Stewart et al., 2000). Backstripping determines the initial,
sediment unloaded, configuration of the margin for different assumptions on Te whilst
gravity modelling of the restored crustal structure and the sediment load and its
compensation constrains Te.
Fig. 17 shows a bathymetry, sediment thickness and free-air gravity anomaly
profile of the northeast Brazil margin in the region of the Amazon delta and deep-sea
fan [Rodger, et al., 2006]. The figure shows that the margin comprises two main
sedimentary units: an older one of Early Cretaceous to Middle Miocene age and a
younger one of Middle/Late Miocene to Recent age. Seismic refraction data suggest
that the sediments overlie crystalline continental basement rocks on the landward end
of the profile and unusually thin oceanic crust on its seaward end. The thick dash-dot
line shows the tectonic subsidence, obtained by summing the backstrip of the older
layer with Te = 13 km, the backstrip of the younger layer with Te = 35 km, and the
present day, unfilled, water depth. This subsidence yields the best fit between the
observed and calculated gravity anomalies and permits the observed sediment
accumulation at the margin to be divided into two parts: an upper part (light yellow
shade) which defines the load and a lower part (dark yellow shade) which is the
flexure.
Fig. 18 shows the flexure due to only the younger, Middle/Late Miocene to
Recent, delta and fan load. The figure shows that combined delta and fan loading has
depressed the crust and lithosphere by > 2 km over a horizontal distance of up to 1000
km. Beyond the depression, loading produces a bulge which reaches amplitudes of up
to 40 m onshore Brazil. The first node, which separates the flexural depression and
bulge, follows the coastline remarkably closely, suggesting perhaps a flexural control.
Indeed, the embayment in the estuary region of the Amazon River appears to be
controlled, at least in part, to the flexure due to the fan load which extends across
much of the outer and middle shelf.
We have, thus far, been discussing the deformation associated with long-term
loading in terms of a thin elastic plate that overlies an inviscid substrate. While such a
model is a good description of the surfaces of flexure associated with volcano and
sediment loading, it is time-invariant and ignores the question of how the deformation
may change with time.
Walcott [1970b] argued that a better description of the response of the crust and
lithosphere might be a model of a Maxwell viscoelastic, rather than an elastic, plate
overlying an inviscid substrate. Such a model is initially elastic, but behaves as a
viscous fluid on long-time scales. Indeed, both Sleep and Snell [1976] and Beaumont
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[1978] used a viscoelastic model to describe the stratigraphic ‘architecture’ of
sedimentary basins.
Watts and Cochran [1974] showed, however, that a Maxwell viscoelastic model
with the same pair of elastic and viscous parameters was unable to explain the free-air
gravity anomaly along both the Emperor Seamounts and the Hawaiian Ridge. While
the older Emperor seamounts have a lower Te than the younger Hawaiian Ridge – as
the viscoelastic model would predict – the values could be equally well explained by
a purely elastic model in which the Emperor seamounts were emplaced on young,
weak, lithosphere while the Hawaiian Ridge was emplaced on old, strong, lithosphere.
Such a tectonic setting is consistent with sample ages along the seamount chain and
with the age of the seafloor, as inferred from marine magnetic anomalies and plate
tectonic reconstructions.
A basic tenet of plate tectonics is that the major plates behave rigidly on the longtime time-scales of seafloor spreading and that deformation is limited to their
boundaries. Many plate boundaries (e.g. the mid-ocean ridge) are characterised by a
narrow zone of deformation that extends over a few tens of km or less. Deformation
may extend over a wider region, but it usually confined to a simple flexure, for
example, on the flanks of rift valleys [Ebinger et al., 1991], fracture zone ridges and
troughs [Sandwell and Schubert, 1982], and deep-sea trenches [Watts and Talwani,
1974].
It has been recognised for some time, however, that at some plate boundaries
deformation is more diffuse, being distributed over horizontal distances of up to a few
thousand km [Gordon, 1998]. One example is at the Indian-Eurasian plate boundary
in northern India and the Tibetan Plateau. Geological studies (e.g. Shen et al., 2001)
suggest that the plateau comprises a number of crustal ‘blocks’ that are bounded by
active faults whilst geodetic studies (e.g. Zhang et al., 2004) suggest that it is
deforming, as a whole, more as a continuum than a rigid plate. Indeed, England and
McKenzie [1982] have modelled the long-term deformation of the Tibetan Plateau
using a thin viscous, rather than an elastic, sheet that overlies an inviscid substrate.
They showed that such a model, when it is modified to include both Newtonian and
non-Newtonian rheologies, is compatible not only with the observed crustal thickness
and topography, but also the stresses and strains implied from the geodetic data. That
the plateau is relatively weak is in accord with the results of recent flexure studies
which suggest that the Tibetan lithosphere is a region of low elastic thickness and,
hence, long-term strength (e.g. Masek, et al., 1994; Braitenberg, et al., 2003; Jordan
and Watts, 2005).
Sabadini, in his chapter in this volume (TOGP 103), discusses the theory that
underlies the thin viscous sheet model. He points out that a viscous sheet is a useful
way to model active tectonics not only at plate boundaries, but also in the plate
interiors. He uses the model, for example, to model the deformation of the interior of
the Eurasian plate that is caused by plate boundary forces associated with AfricaEurasia convergence at the Alpine orogenic belt, Africa-Eurasia left-lateral shear at
the Gloria Fault, and North America-Eurasia extension at the mid-Atlantic ridge. The
possibility that the Eurasian plate may have a spatially varying long-term strength
(e.g. due to the East European Craton) is taken into account by considering lateral
variations in the average viscosity. By computing the displacement velocities and then
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comparing them to changes in baseline rates, as inferred from pairs of GPS sites, he
has constrained the spatial variations in long-term strength of the Eurasian plate.
An outstanding question is whether the entire lithosphere in diffuse plate
boundaries is behaving as a continuum or if only part is flowing. For example, Clark
and Royden [2000] used geomorphic observations at the eastern margin of the Tibetan
Plateau to suggest that convergence is accommodated by extrusion and flow in the
lower part of the crust. Searle et al. [2006], on the other hand, used field geological
observations of the justaposition of middle crust Barovian-type metamorphic rocks
and leucogranites with upper crust undeformed sedimentary rocks in the Himalaya
region to suggest that extrusion and flow is limited to the middle crust.
Another, perhaps even more pertinent, question is the role that the mantle plays in
the long-term deformation of the lithosphere (see, for example, Jackson, 2002 and
Burov and Watts, 2006). Is it weak or strong? Most oceanic Te estimates exceed the
local crustal thickness suggesting that the mantle is strong and is involved in the
support of long-term loads. In the continents, however, the role of the mantle is not as
clear. Many cratonic shields yield a Te that exceeds the local crustal thickness and it is
difficult to explain these high values without invoking some strength in the mantle.
The continents, however, also correlate with many low values, especially in rift
settings, and it is not always clear whether they require a strong mantle or not. Burov
and Watts [2006], for example, have shown that the incorporation of a strong mantle
rheology in thermal and mechanical modelling does not necessarily lead to an
increase in the equivalent Te. This is because the main control on Te is the degree of
coupling between the individual competent layers and if the lower crust is weak and
poorly coupled with the mantle, then Te may remain low, irrespective of the strength
of the mantle.
4. Relationship between load and plate age and rheological structure
The relationship between the long-term elastic thickness and plate and load age.
Probably the best data we have that indicates a dependence of Te on age has come
from the oceans. By comparing the observed gravity anomalies, surfaces of flexure,
and vertical motion histories to the results of calculations based on a model of an
elastic plate overlying an inviscid substrate, constraints have been placed on oceanic
Te and its relationship to plate and load age in both intra-plate and plate boundary
settings.
The first plots of Te Vs. age were limited to only a few estimates in the Pacific
ocean [Watts, 1978]. Nevertheless, they indicated that Te was 2-3 times smaller than
either the seismic or thermal thickness of oceanic lithosphere. Moreover, they
suggested that a relationship might exist between Te and the age of the oceanic
lithosphere at the time loading such that loads emplaced on young lithosphere, for
example, at a mid-ocean ridge crest, would be associated with a lower Te than a
similar sized load emplaced on an older ridge flank. This suggests that as the oceanic
lithosphere ages it becomes stronger. Indeed, Watts [1978] showed that Te depends on
the depth to the 300-600° C isotherm based on a cooling plate model and is given
approximately by:
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Te = (3.0±1.5) * t0.5
where t is the age of the lithosphere at the time of loading. This result has generally
been confirmed in subsequent studies (e.g. Watts et al., 1980b) that have been based
on a larger number of Te estimates and a wider, more representative, range of tectonic
settings.
As was pointed out by Bodine et al. [1981] and Lago and Cazenave [1981], a
dependence of Te on plate age is compatible with data from experimental rock
mechanics. These data imply that the strength of the lithosphere is limited by brittle
failure in its uppermost part and ductile flow in its lowermost part (see Burov TOGP 102 – for a detailed discussion). Moreover, the data imply that since brittle
deformation depends on confining pressure and ductile deformation is determined by
both pressure and temperature, strength increases and then decreases with depth.
Goetze and Evans [1979] used this result, together with the temperature structure as
prescribed by a cooling plate model, to construct Yield Strength Envelope (YSE)
profiles for different thermal ages of oceanic lithosphere. They showed that the area
under a YSE plot would increase with age, and therefore that since bending moment
is the vertical integral of the stress profile, Te is a proxy for the integrated strength of
the lithosphere. Individual loads are therefore supported by the brittle and ductile
strength of the lithosphere and the strength of the intervening, undeformed, elastic
‘core’.
Not all loads on the oceanic lithosphere, however, suggest a controlling isotherm
in the range 300-600° C. Flexure studies at seamounts and oceanic islands in the
French Polynesia region, for example, suggest that Te is controlled by a lower
isotherm [Calmant and Cazenave, 1987; Maia and A-Hamed, 2002] whilst studies at
some deep-sea trench outer rise systems [Judge and McNutt, 1991] and fracture zones
[Wessel and Haxby, 1990] imply a higher isotherm.
Fig. 19 shows two more recent plots of Te Vs. age. Fig. 19a, which is based on the
139 estimates listed in Table 6.2 in Watts [2001] shows that most Te estimates fall
within the 300-600° C controlling isotherm and that there is, indeed, a dependence of
Te on thermal age. The main departures are at some seamounts and oceanic islands in
the French Polynesia region (which includes the Society Islands, Tuamotu Plateau,
Marquesas Islands, and Austral Islands) of the south-central Pacific and some deepsea trench outer-rise systems and fracture zones. Fig. 19b is based only on the
seamount and oceanic island data set. The figure suggests that Te might also depend
on load age. Therefore, for a particular thermal age, older seamounts appear to have a
lower Te than younger ones.
Watts and Zhong [2000] showed that the dependence of Te on both plate and load
age could be explained by a multi-layered viscoelastic model in which the viscosity is
determined by the temperature structure implied by a cooling plate model. Since
temperatures increase with depth in the lithosphere, viscosities decrease, with low
values at the base and high values at the top. The range of viscosities is such that
response time to loading in a multi-layered viscoelastic model is mixed. Initially,
subsidence is rapid and it then slows with time. The parameter pair that best fits the Te
data is a reference viscosity at the base of the lithosphere of 1022 Pa s and a creep
activation energy of 120 KJ mol-1. The thickness of the lithosphere supporting a load
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decreases with load age such that subsidence beneath the load increases and the
bulges move in towards it.
The morphology and structure of the flexural moats that flank large oceanic
islands show evidence of a load-induced relaxation. The bathymetric moat of some
islands (e.g. Oahu – Fig. 15), for example, is narrower than the depression formed by
top of the flexed oceanic crust. This indicates that the steady state flexure may still
not have been reached. Moreover, seismic reflection profiles of the Oahu [ten Brink
and Watts, 1985] and Tenerife (Canary Islands) [Collier and Watts, 2001] flexural
moats reveal a wide pattern of onlap deep in the sequence and a narrow pattern of
offlap in the shallow part.
To date, the largest number of oceanic Te estimates that have yet been derived
from a single flexure study is that of Watts et al. [2006]. These authors used the
satellite-derived gravity field, together with inverse gravitational admittance
functions, to predict the bathymetry for different values of Te. They then compared the
predicted bathymetry to observations and estimated Te at 291 ‘sample’ sites where
both the age of the volcanic load and the underlying oceanic crust are known. The
sites included a number of new bathymetric features that had not been included in
previous compilations of Te Vs. age.
Fig. 20a shows those sample sites in the Pacific Ocean where Te is lower than
(white filled circles), within (red filled circles) and higher than (green filled circles)
the 300-600° C controlling isotherms. As might be expected, the Hawaiian Ridge,
Marquesas Islands, and some seamounts in the Mid-Pacific Mountains and Marshall
Islands fall within the controlling isotherm. However, many deep-sea trench - outer
rise systems show higher values whilst many seamounts in the French Polynesia
region show lower values.
Interestingly, the low values in French Polynesia correlate with a region dubbed
by Staudigel et al. [1989] the South Pacific Isotopic and Thermal anomaly (SOPITA)
(Fig. 20). The region is characterised by unusually shallow seafloor and stable
isotopic anomalies and incorporates the Pacific ‘superswell’ of McNutt and Fischer
[1987]. It is also a region of low Te values, as Calmant and Cazenave [1987] and
Maia and A-Hamed [2002] have previously pointed out. Fig. 20b, which has been
constructed from all the estimates in Watts et al. [2006], shows a low Te region in
French Polynesia that extends northwestwards to the Line Islands, Gilbert Ridge,
Marshall Islands and part of the Mid-Pacific Mountains. The Lines Islands and
Gilbert Ridge, which range in age from 63.7 to 112.9 Ma, backtrack along Pacific
absolute motion paths into the SOPITA. Therefore, the SOPITA appears to be a longlived feature.
Unfortunately, it has not been as easy to demonstrate a dependence of Te on age in
the continents as it has in the oceans. Plots of continental Te Vs age since the last
major thermal event (the so-called thermo-tectonic age) show considerable scatter and
no one set of thermal parameters can explain all the data [Watts, 2001]. Cloetingh and
Burov [1996], for example, suggests more than one controlling isotherms for
continental lithosphere: 200-300 °C and 700-800 °C, which approximately correspond
to the base of the mechanical crust and lithosphere respectively.
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The situation regarding Te in a way mimics that of surface heat flow (e.g. Jaupart
and Maraschal - TOGP 104). In the oceans, age is the main control on heat flow as it
is on Te. Anomalies in both parameters are probably due to lateral variations in mantle
temperature. In the continents, however, spatial variations in crustal heat production
make it difficult to calculate a single typical geotherm for all provinces of the same
age. Therefore, surface heat flow, like Te, shows only a weak relationship with
thermo-tectonic age.
Despite this, there are hints of an age dependence. In Europe, for example,
spectral techniques (i.e. Bouguer coherence and free-air admittance) of analysing
gravity anomaly and topography data reveal that Archean and Early/Middle
Proterozoic terranes are associated with Te > 70 km whilst adjacent Late Proterozoic
and Phanerozoic terranes correlate with lower values that are in the range 15-40 km
[Pérez-Gussinyé and Watts, 2005]. Similar results have been obtained for the terranes
of North and South America [Bechtel et al., 1990; Tassara et al., 2006]. One
interpretation of these results is that the old cratonic Archean shields form strong,
rigid, blocks, except at their edges where subsequent extensional and compressional
events, for example, associated with Phanerozoic magmatism and rifting, sutures and
mobile belts have weakened them.
Data from experimental rock mechanics suggests that unlike the oceans,
continents have a complex multilayer rheology. As is demonstrated by Burov in his
chapter (TOGP 102), compositional differences between the upper continental crust,
lower crust and mantle imply a vertically stratified rheology. The oceans, for
example, have a single competent layer, but the continents may have more than one
such layer. The actual continental YSE profile will be a strong function not only of
the composition, but the geothermal gradient, the crustal thickness, and strain rate.
Burov and Diament [1995] have shown that Te depends on the thickness of all the
competent layers and is relatively small for thick crust, low strain rates, and young
thermo-tectonic age and relatively high for thin crust, high strain rates, and old age.
Importantly, Te is also dependant on plate curvature [Watts and Burov, 2003], which
in turn depends on load size, and on the degree to which the competent layers are
coupled or de-coupled [Burov and Watts, 2006]. Te is low for high curvatures and
weakly coupled competent layers and high for low curvatures and strongly coupled
layers.
One tectonic setting, however, where there is evidence of a relationship between
Te and age is at rifted continental margins. These features form following heating and
thinning of the lithosphere at the time of rifting. When margins are considered that
have been loaded at some stage during their evolution by a large discreet load, such as
an orogenic load or large river delta, then evidence emerges of a dependence of Te on
age. The South China Sea, for example, is a young margin that was loaded by thrust
and fold loads in Taiwan during the Late Miocene and has a low Te [Lin and Watts,
2002] while northeast Brazil is an old margin that was loaded by the Amazon delta
and fan system during the Middle/Late Miocene and has a high Te [Rodger et al.,
2006]. Therefore, heating at the time of rifting weakens the lithosphere while cooling
following rifting strengthens it. Such a model is supported by YSE considerations
[Pérez-Gussinyé and Reston, 2001] and by the results of numerical modelling [Burov
and Poliakov, 2001].
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5. Global elastic thickness.
Te map
There now exists a sufficient number of estimates from both the oceans and
continents to construct a global Te map. Such a map is useful, for example, for
determining how the lithosphere might respond to complex loads such as those
associated with sedimentation and erosion. Other possible uses are in studies of the
figure of the Earth, lunar and solar tides, and intraplate deformation. Mound et al.
[2003] has pointed out that the Te structure of the lithosphere might help explain some
of the departures that are observed between the observed flattening of the Earth and
the flattening predicted by hydrostatic theory. Shukowsky and Mantovani [1999] and
Mantovani et al. [2005], on the other hand, suggest a link between Te and the M2
(lunar semi-diurnal) component of the tidal gravity anomaly. Finally, Dyksterhuis et
al. [2005] suggest that Te can be used to scale the viscosity in thin viscous sheet
models that attempt to calculate intraplate deformation and stresses due to plate
boundary forces.
The main limitation with using Te in such studies is that it reflects the long-term
deformation rather than its transient response. Nevertheless, it is useful to be able to
compare the predicted response to loads to observed data in order to evaluate the
extent to which a region is approaching its final, steady state, flexure.
Fig. 21 shows a 2 × 2° global Te map. The map (Fig. 21b) has been constructed
from 18,630 individual Te estimates, the distribution of which is shown in Fig. 21a.
Because it is difficult, in the case that Te is high, to precisely constrain the absolute
value of Te (see, for example, the discussion in Pérez-Gussinyé and Watts, 2005)
values of Te > 65 km have been assigned to 65 km. Fig. 21a shows that the data
distribution is uneven, especially in the western Central Atlantic and parts of Africa,
South America, and the Former Soviet Union where there are few elastic thickness
estimates.
Nevertheless, the map reflects the Te structure in well-surveyed regions such as
North America, Europe, India/Tibet and the central Pacific. Most low Te values are in
the oceans whilst most high values are in the continents. In general, low Te values
delineate the mid-ocean ridge and continental rift systems whilst high values correlate
with the old cratonic shields. Phanerozoic mobile belts are characterised by
intermediate values. Perhaps one of the main surprises is the spatial variability in the
Te structure. The oceans show the lowest variability whilst the continents show the
highest.
Correlation of Te with temperature structure and shear wave velocity
Since Te is a proxy for the integrated strength, it is useful to compare it to other
physical properties that reflect the thermal and mechanical structure of the
lithosphere. We know, for example, that surface heat flow data reflects the
temperature structure, at least in the oceans. Also, that seismic surface and body
waves reflect temperature and composition. Therefore, there might be some relation
between Te and these properties.
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We show in Figs. 22 and 23 a comparison of the topography, crustal structure,
depth to the 550 and 1300° C isotherm, surface heat flow, Te, and shear wave velocity
along 2 long profiles of equatorial regions. The sources of the data are summarised in
the figure captions and Table 1. The temperature data is based on Artemieva and
Mooney [2001] who used surface heat flow data measured at boreholes [Pollack, et
al., 1993], together with the steady state thermal conductivity equation, to calculate
the temperature at different depths in the lithosphere. The accuracy of these
calculations is limited by the uneven data distribution and the incomplete information
on the contribution of crustal heat production. Nevertheless, Artemieva et al. [2004]
estimate an accuracy of ±100oC for these data. The shear wave velocity data is based
on SAW24B16: a “high resolution” tomographic model derived by Megnin and
Romanowicz [2000] from the inversion of body, surface and higher-mode waveforms.
The model is complete to spherical harmonic degree 24 which corresponds to λ >
~1600 km. Shear wave velocities are shown at different depths in the lithosphere as a
variation in per cent with respect to the Preliminary Reference Earth Model (PREM)
of Dziewonski and Anderson [1981].
The figures show a good visual correlation along the profiles between Te, surface
heat flow, and shear wave velocity anomaly, particularly in the region of the old,
inactive, Archean cratons and the young, active, mid-ocean ridges. In cratonic
regions, Te is high, surface heat flow is low, and shear wave velocity anomalies are
high. This is well seen in Profile AB of western Australia (Yilgarn block) and Profile
CD of the Indian sub-continent (Bundelkhand block) and South America (Guaporé
and San Francisco cratons). Here Te > 70 km, surface heat flow is close to the regional
background value of 42 mW m-2, and the shear wave velocity anomaly is >2.5%. In
the region of mid-ocean ridges, Te is low, heat flow is high and shear wave velocity
anomalies are low. This is well seen in Profile CD of the East Pacific Rise and
southern Red Sea. Here, Te < 10 km, surface heat flow is > 100 mW m-2, and the shear
wave velocity is < -4.0%. The south Atlantic mid-ocean ridge and the south-west and
south-east Indian ocean ridges also correlate with low Te and low shear wave velocity
anomalies, but the surface heat flow is low, probably because of hydrothermal
circulation.
Fig. 24a shows a scatter plot of 2 × 2° averages of Te and surface heat flow. The
figure shows the data to be poorly correlated (correlation coefficient, r = -0.13 for
oceans and r = -0.21 for continents). This maybe surprising, given the argument that
Te reflects the thermal structure. However, if Te represents the depth to an isotherm,
then we would not expect Te and heat flow to be linearly correlated. Rather, they
should follow an exponential curve. The figure still shows considerable scatter,
however. This probably reflects the fact that even in the oceans Te is controlled by
more than one isotherm. Oceanic data shows two clusters: one of high heat flow and
low Te and the other of low heat flow and low Te. The high heat flow/low Te cluster
would be expected for young seafloor at the mid-ocean ridge. Moreover, the low heat
flow/low Te cluster could be due to hydrothermal circulation that reduces the heat
flow, but has little effect on Te.
Fig. 24b shows a scatter plot of Te and the shear wave velocity anomaly. The
figure shows these data to be better correlated, although r values are still low. We
found, for example, r = 0.42 for the global data set and r of 0.56 and 0.25 for the
continents and oceans respectively. This compares to r = -0.42 for the global heat
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flow and shear wave velocity anomaly data set and r of -0.46 (see also Artemieva et
al., 2004 who obtained r = -0.39 for the same global heat flow data, but a different
seismic tomographic model) and -0.39 for the continents and oceans respectively. The
low correlation coefficients suggest that factors other than temperature (e.g.
compositional inhomogeneities, fluids, or melts) may control the shear wave velocity
structure of the mantle.
6. Geological implications
Towards an integrated model that relates elastic thickness to load age on short,
intermediate, and long time-scales
The inferences from oceanic flexure studies of a dependence of Te on plate, as
well as load age suggests that there might be a link between the different estimates of
the elastic layer thickness discussed in this overview.
Indeed, such a link has already been discussed by Nishimura and Thatcher [2003]
who considered the elastic layer thickness derived from post-seismic deformation,
glacial lake loading and unloading, and flexure in the same tectonic region of the
western USA. They pointed out that their post-seismic estimate of elastic layer
thickness of 38 km was greater than that calculated by Nakiboglu and Lambeck
[1983] from the isostatic rebound that followed the draining of former Lake
Bonneville (25-30 km), which, in turn, was greater than that calculated by Lowry and
Smith [1995] from the spectral analysis of gravity anomaly and topography data (5-15
km). In a related study, Cohen and Darby [2003] considered the relationship between
elastic layer thickness based on geodetic data and flexure of the Wanganui foreland
basin in North Island, New Zealand. These authors noted that the elastic layer
thickness based on geodetic data (100-150 km) was significantly higher than that
determined by Stern, et al. [1992] from flexural studies (10±10 km). They were not
surprised by their result, pointing out that the geodetic elastic layer thickness should
be greater than the flexural, tectonic, one.
Figure 25 shows a log-linear plot of the elastic layer thickness as derived from coseismic, post-seismic, glacial isostatic rebound and flexural studies against load age.
The blue filled circles show the individual Te seamount and oceanic island data set
plotted in Fig 19b. The blue filled box outlines the range of these values. The thick
blue solid and dashed lines show the predicted relationship between Te and load age
based on the multi-layer viscoelastic model of Watts and Zhong [2000] and a
temperature structure that corresponds to 30 (upper dashed curve), 80 (middle solid
curve) and 120 (lower dashed curve) Ma oceanic lithosphere. The light brown and
yellow filled boxes show continental Te values based on spectral and other techniques
from Phanerozoic and Proterozoic and Archean terranes respectively. The light blue
box shows the estimates from glacial isostatic rebound. Finally, the grey filled boxes
delineate the elastic layer thickness estimates from selected co-seismic and postseismic deformation studies.
The figure shows that there is no simple relationship between elastic layer
thickness and load age. However, there is a hint that the elastic layer thickness
derived from geodetic measurements is, indeed, generally higher than those derived
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flexural studies. Moreover, the estimates derived from glacial isostatic rebound
appear intermediate.
The thick brown arrows in Fig. 25 show possible relaxation paths that it is
speculated might link the different time-scales loading in the Western USA, SE
Alaska, and East Coast, USA. The western USA data set is based on Nishimura and
Thatcher [2003] and so the arrows connect up the geodetic estimates from Lake
Hebgen, the glacial rebound estimates from former Lake Bonneville, and the flexuralbased estimates from the eastern Rockies. The plot suggests that elastic layer
thickness decreases by ~30 km from ~40 km for geodetic time-scales to ~10 km for
flexural time-scales. The East Coast, USA data set is based on Di Donato et al.
[2000] who used tide gauge data for the glacial isostatic rebound estimates, and the
global Te map in Fig. 21b for the long-term flexural results. The plot suggests that
elastic layer thickness decreases by ~40 km from 80 km for the glacial isostatic
rebound time-scale to ~ 40 km for the flexural time-scale. Finally, the SE Alaska data
set is based on Larsen et al. [2005] who used GPS and raised shoreline data related to
the Little Ice Age, and the global Te map in Fig. 21b for the long-term flexural results.
The plot shows that Te decreases by ~35 km from 65 km for the Little Ice Age timescale to ~30 km for the flexural time-scale.
While the decrease in elastic layer thickness within each tectonic region is
therefore similar, their absolute values differ. This suggests spatial variations in the
viscosity structure and, hence, relaxation times, between each region. In particular,
the relatively low elastic layer thickness in the western USA suggest that the upper
mantle here has a relatively low viscosity and short relaxation time whilst the
relatively high thickness in the Eastern USA imply that the upper mantle has a
relatively high viscosity and long relaxation time. This is in accord with the results of
Nishimura and Thatcher [2003] and Di Donato et al. [2000] who suggest 4 × 1018 Pa
s and 5 × 1020 Pa s for the viscosity of the upper mantle beneath the western USA and
East Coast, USA respectively. The western, USA has a higher regional elevation,
thinner crust and higher heat flow than the East Coast, USA. Moreover, there is
evidence from xenolith data [Dixon et al., 2004] that the mantle beneath the western
USA has high water content and is weak, possibly because of its long history of
subduction.
These results have implications for the way that the Earth’s outermost rigid layers
respond to loading. Initially, the lithosphere appears as a relatively strong structure
that is able to support loads by bending over wide areas. With time, however, a loadinduced stress relaxation sets in that causes the subsidence to increase in magnitude
and decrease in width and the flanking uplift to migrate inwards towards the load
centre. The actual time that it takes for the lithosphere to relax depends on its
viscosity structure. For example, because of its different tectonic setting, loads relax
quicker in the western USA than they would in the eastern USA. Despite these
differences, however, the response eventually stabilizes and appears to change little
on very long times.
Terranes, the Wilson Cycle, and inheritance
The continents are cored by the cratonic shields which exceed 1.5 Ga. In general,
the shields form the nucleus around which younger mobile belts accrete. Continents
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therefore grow by a process of amalgamation. Central to this process is the ‘Wilson
Cycle’ in which oceans repeatedly open and close, causing crustal thinning and
thickening in response to extension and compression, and the superposition on the
lithosphere of loads and unloads through processes such as sedimentation and erosion,
orogenic loading, ophiolite obduction, intra-crustal thrusting, and lower and/or middle
crustal flow.
Some insight into the stability of the continents has come from studies of Te and
its relationship to the terrane structure of the continents. In Europe, for example, it has
been demonstrated first through the results of thermal and mechanical modelling
[Cloetingh and Burov, 1996] (see also Cloetingh and Ziegler - TOG 109) and then by
spectral analysis of free-air and Bouguer gravity anomaly and topography data
[Pérez-Gussinyé and Watts, 2005] that Te varies from high values over cratons (Te >
70 km) to low values over the flanking Caledonian (15-40 km), Variscan (20-40 km)
and Alpine (10-25 km) orogenic belts (Fig. 26). Thus, Te and, hence, the integrated
strength of the lithosphere appears to increase with age.
The mechanism by which long-term strength might increase with age is not
known. We know, however, that the Archean is associated with high temperatures and
volatile content which lead to high degrees of melting to greater depths. Indeed,
studies of the reconstructed geometry of the Wopmay foreland basin in the Superior
province of North America yields a low Te that is thought to reflect high geothermal
gradients at the time of loading [Grotzinger and Royden, 1990]. Spectral studies,
however, reflect all the loads that have acted on the lithosphere through time,
including loads such as sedimentation and erosion that have continued to modify it up
to the present day. One possible explanation of the high Archean Te values derived
from spectral studies therefore is conductive cooling, which together with the Earth’s
secular cooling, act to strengthen the lithosphere with time. More difficult to explain
are the low values that are associated with younger Late Proterozoic and Phanerozoic
terranes. There should have been enough time for oldest of these terranes to have
cooled conductively to a stable state and hence strengthened. One possibility, as
Pérez-Gussinyé and Watts [2005] have pointed out, is water during subduction which
weakens the lithosphere. Another is that the Late Proterozoic and Phanerozoic
lithosphere is fundamentally weak due to the decrease in temperature and volatile
content that occurred following the Archean that leads to lower degrees of melting at
shallower depths.
Irrespective of how shields acquire their long-term strength, Fig. 26 suggests that
continental rifting and break up may further weaken continental lithosphere. While
the west Iberia rifted margin appears to be little different in its Te structure than the
flanking Variscan terranes, there is evidence that both the Norwegian and northwest
Scotland rifted margins have a lower Te and, hence, strength, than the flanking
Caledonian terrane. Both of these margins are characterised by seaward dipping
reflector sequences and high P-wave velocity lower crustal bodies and so one
possibility is that magmatism during the early evolution of the margin has assisted
break-up [Buck, 2004].
There is evidence in the north Atlantic of a genetic link between rifting and preexisting orogenic belts. For example, the break-up of Greenland and Norway during
the early Cenozoic is associated with the Caledonian orogenic belt. Indeed, as Vinck
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et al. [1984] pointed out such an association is in accord the YSE considerations
which suggest that thick continental crust is weak. However, there is also evidence in
the same tectonic setting of the contrary observation – of orogenic belts that develop
in close association with rifted margins. The Flannan thrust north of Scotland, for
example, has been discussed as a listric fault associated with a Late
Precambrian/Cambrian rifted margin that was re-activated during the Caledonian
orogeny [Brewer and Smythe, 1984].
A modern-day example of an orogenic belt that developed in association with a
rifted margin is Taiwan. Geological and geophysical data [Lin, et al., 2003] suggest
that the west Taiwan foreland basin, for example, developed ~ 12 Ma due to orogenic
loading of the Late Paleocene South China Sea rifted margin. Flexure modelling [Lin
and Watts, 2002] show that the observed depth to the base of the foreland basin
sequence cannot be explained by surface loading alone and requires an additional subsurface load. By comparing the observed Bouguer gravity anomaly to the gravity
effect of the topography and its Airy-type compensation, Lin and Watts [2002] were
able to constrain the magnitude of the sub-surface load and, hence, compute the
deformation due to combined surface and buried loading. The best fit model (Fig. 27)
suggests an elastic thickness of 13 km.
The low Te value derived from west Taiwan foreland basin is similar to values at
extensional basins and suggests that orogenic loading and foreland basin formation
has been influenced by the thermal and mechanical properties of the underlying rifted
margin. The significance of pre-existing structures being inherited during subsequent
orogenic (or rifting) events has been recognised by Desegaulx et al. [1991] who
pointed out the association of the Arzarcq (Aquitaine) foreland basin with the
Permian – Early Cretaceous rifted crust of the Parentis basin and Bay of Biscay and
by Watts [1992] who discussed how specific features of a rift margin, such as the
hinge zone, might control the large-scale stratigraphic ‘architecture’ of foreland
basins.
Tectonic setting of geological features.
One implication of an elastic plate model is that once acquired, Te at a geological
feature is effectively ‘frozen-in’. There may be changes, due, for example, to loadinduced viscoelastic stress relaxation, but they will be small compared to the initial
flexure and will be limited to only the longest time-scales. This means that present
day observations such as gravity and topography will retain a ‘memory’ of the elastic
thickness, at least in the relatively young oceans.
In the case of submarine volcanoes, this is useful since the tectonic setting of
many of these features is not known. We have already pointed out that studies at
sample sites where there is both load and crustal age suggest that a relation exists
between Te and the age of the oceanic lithosphere at the time of loading. Therefore, by
using the present day gravity and topography to estimate Te at features of unknown
age it might be possible to determine their tectonic setting. Early studies based on
predicting gravity from ship board bathymetry yielded some 100 estimates from the
Pacific [Watts, et al., 1980a], but a more recent study [Watts, et al., 2006] based on
predicting the bathymetry from satellite-derived gravity for different values of Te and
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then comparing it to the observed bathymetry have yielded >9000 estimates from
each of the world’s main ocean basins.
Fig. 28 shows an example of a study to estimate the tectonic setting of
bathymetric features in the region to the north of the Hawaiian Ridge in the centralnorth Pacific ocean. The filled circles have been colour coded according to their Te
value: red = 0 < Te < 12 km, green = 12 < Te < 20 km, and blue = 20 < Te < 30 km.
According to Fig. 19b, low Te indicate a feature that formed on (or near) a mid-ocean
ridge crest whilst high values indicate an off-ridge setting. We therefore attribute the
red, green and blue filled circles in Fig. 28 to bathymetric features that formed in an
on-ridge, flank ridge and off-ridge setting respectively. The figure shows while the
Musician Seamounts mainly formed in an on-ridge or flank ridge setting, the
Hawaiian Ridge is distinctly off-ridge. This is consistent with sample ages that show
the Musician Seamounts are 82-96 Ma [Kopp, et al., 2003] and formed on 80-110 Ma
oceanic lithosphere whilst the Hawaiian Ridge is >2-5 Ma and formed on lithosphere
of the same age.
Surface processes and flexural interactions
As we have already demonstrated, the deformation associated with volcano and
sediment loads comprises a depression or subsidence that is flanked by a bulge or
uplift. Bulges are an important consequence of a model of an elastic or viscoelastic
plate that overlies an inviscid substrate and although of much smaller amplitude than
their neighbouring depressions (usually <6%), they are of significance, especially for
landscape evolution.
Examples of such bulges are the ones that develop by flexure in front of migrating
fold and thrust loads [Beaumont, 1981]. These bulges form stratigraphic highs on
which foreland basin sediments generally onlap [Coakley and Watts, 1991]. They
control facies [Crampton and Allen, 1995] and may, in some cases, act as a source for
clastic sediment or a ‘raised’ platform for carbonate growth [DeCelles and Giles,
1996].
Flexural bulges that flank orogens also appear to influence drainage patterns. Fig.
29 shows, for example, the flexure that would be expected from surface (topographic)
loading in the bend region of the central Andes. The calculation assumes that the load
can be defined by the topography above 500 m and that it has been emplaced on an
elastic plate with a spatially varying Te structure derived from forward modelling of
Bouguer gravity anomaly and topography profiles [Stewart and Watts, 1997]. The
figure shows that the downward flexure reaches 3-4 km beneath the outermost thrust
front. Beyond the subsidence is bulge of up to 40-60 m that appears to have
influenced the drainage. In the bend region, for example, the rivers that exit the subAndean fold and thrust belt run perpendicularly across the proximal foreland basin
and then are deflected to run axially along the distal part of the basin. A similar
pattern can be seen in the Ganges foreland basin between longitude 76-90° E (Fig. 7 –
see also Garcia-Castellanos, 2002). To the south and north of the bend, however,
rivers run perpendicularly across the entire foreland and, in some cases, appear to
cross the bulge crest. One explanation for this is that the sediment flux in the rivers
has been sufficient to ‘overfill’ the foreland basin. This is well seen in the case of the
Beni and Pilcomayo rivers which at the point of their exit from sub-Andean fold and
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thrust belt, form a ‘megafan’ [Horton and DeCelles, 2001; Leier, et al., 2005].
Indeed, the figure shows that the Pilcomayo megafan extends eastward to the crest of
the bulge, thereby allowing the river to continue eastwards to its intersection with the
Paraguay trunk river.
Burbank [1992] suggested that the presence or absence of axial river systems is
indicative of the mechanisms of uplift in the adjacent fold and thrust belt. In his view,
axial rivers are indicative of the effects of tectonic loading and uplift in the fold and
thrust belt (due, for example, to an increase in its thickness) and hence subsidence and
uplift in the flanking foreland basin and bulge. Perpendicular rivers, in contrast, are
indicative of the increase in sediment flux and a regional uplift that would accompany
erosional unloading in the fold and thrust belt.
Flexure due to erosional unloading may influence landscape evolution in the fold
and thrust belt itself. Montgomery and Stolar [2006], for example, have shown that
flexure due to erosional unloading controls the spacing of the river ‘anticlines’ that
trend perpendicularly across fold and thrust belts (e.g. Himalaya): low values of Te
would favour a large-amplitude, narrow, response whilst high values of Te would
favour a small-amplitude, wide, response.
Finally, in glacial landscapes (e.g. the northern hemisphere during the Pleistocene)
flexure due to ice, water and sediment loading and unloading has the potential to
modify both the stress state and surface drainage patterns. Hampel and Hetzel [2006],
for example, examined the flexural effects of in ice unloading on stress patterns,
faulting, and hence earthquake activity. Watts et al. [2000] examined the effects of
sediment unloading due to river excavation by melt-water charged rivers. These
authors showed that flexure could induce rim uplifts in flanking regions that, in turn,
modify drainage patterns.
The relative contributions of lithospheric flexure to the Earth’s topography and
gravity anomaly field and mantle convection
We have been concerned so far in this overview with the deformation of the crust
and lithosphere by long-term loads and its contribution to surface observables such as
the gravity anomalies and topography. These observables, however, may also record
the effects of sub-lithospheric processes such as those associated with mantle
convection.
An interesting question therefore is whether by quantifying the effects of flexure
we can use gravity and topography data to tell us about these processes. The longwavelength components of these data have already been used to infer about the
temperature structure of convection [Parsons and Daly, 1983], mantle viscosity
[Zhong and Davies, 1999; Panasyuk and Hager, 2000], and dynamic topography
[Hager and Richards, 1989]. The problem has been in defining the wavelengths the
surface observables that can be attributed to lithospheric deformation so that they may
be isolated from the deeper processes [Watts and Daly, 1981].
Fig. 30 compares the results of a spectral study of the relationship between freeair gravity anomaly and topography in different size windows in the Pacific Ocean to
calculations based on the elastic plate (flexure) model [Wilson, 2004]. The filled
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circles in the figure shows the isostatic response function, ϕobserved(k), for a range of
window sizes centred on Hawaii. ϕobserved(k) is given by:

" observed (k) =

Z(k)
2#Ge ( % c $ % w )
$ kd

(10)

where
Z(k) =
!

"g(k)
H(k)

and Z(k) is the gravitational admittance, Δ g(k) is the Fourier Transform of the free-air
gravity anomaly, and H(k) is the Fourier Transform of the topography. ϕobserved(k) is
!
the wavenumber parameter that modifies the gravity effect of uncompensated
topography so as produce the free-air gravity anomaly due to the topography and its
compensation. The solid lines in the figure shows the calculated flexural isostatic
response function, ϕflexure(k) which is given by:
(11)
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We see from Eq. (11) that as k → ∞, ϕflexure(k) → 1 and so at short wavelengths the
gravity anomaly is given by the gravity effect of the topography. As k → 0, however,
ϕflexure(k) → 0 and !
so at long wavelengths the gravity anomaly approaches zero
because of flexural isostatic compensation. The wavelength ‘band’ defining the region
that flexure contributes significantly to the free-air gravity anomaly field depends on
D, and, hence, Te.
The comparisons of observed and calculated isostatic response functions in Fig.
29 shows that as grid size is increased, the best fit Te decreases. The highest values of
Te are for a 9 × 9° grid whilst the lowest values are for the 49 × 49° grid. We attribute
this to the fact that the grids are centred on the Hawaiian Ridge that formed off-ridge
(e.g. Fig. 28). The smallest grid is therefore dominated by off-ridge estimates and,
hence, high Te values whilst the largest grid includes features formed in other settings,
including many on-ridge and, hence, low Te values. The figure shows that plate
flexure contributes significantly to the central Pacific gravity field up to λ ~1000 km.
Beyond this wavelength, there is a negligible contribution from flexure. The existence
of a positive isostatic response function at 1000 < λ < 3000 km is therefore surprising
and suggests that mechanisms other than flexure are operating at long-wavelengths
that cause gravity anomalies and topography to be correlated.
Fig. 30 shows that the isostatic response function at λ = 1000 km is ~0.175 which
corresponds, using Eq. (10) and ρc = 2800 kg m-3 and ρw = 1030 kg m-3, to an
admittance, Z(k), of ~12 mGal/km. This is in accord with the ~13 mGal/km estimated
by Wieczorek (TOGP 156) using a global SRTM topography grid and the EGRM96
gravity field which is based on satellite-derived GRACE and CHAMP data. The
origin of these admittance values is not clear, but numerical models suggest they may
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be due to deep processes in the mantle such as those associated with mantle
convection.
7. Conclusions
We draw the following general conclusions from this overview:
•
•

•

•

•

•

•

•
•
•

Crust and lithosphere dynamics involves all the forces (or stresses) and
resulting deformation (or strains) that have modified it through time.
There is no continuum of forces and deformations that can be studied that are
representative of long-term geological processes such as those associated
mountain building, continental rifting and break-up, and sedimentary basin
formation,
What we have are ‘snapshots’ at discreet time scales, the most important of
which are co-seismic and post-seismic (a few s to a few hundreds of s)
deformation, glacial isostatic adjustment (a few tens of thousands of a), and
plate flexure (>~105 a).
There is evidence that a link might exist between the elastic layer thickness
estimates inferred from the different time-scales. For the same tectonic region,
for example, geodetic estimates of the elastic layer thickness appear to be
some 30-40 km higher than flexural estimates.
There are also differences in the absolute value of elastic layer thickness and
viscosity between regions, such that some areas relax quickly while others
relax slowly. We attribute these differences to regional variations in mantle
viscosity.
The regional variation in viscosity is large enough that even the elastic layer
thickness derived from glacial loading and unloading may approach that
expected from flexural loads. Te is therefore a useful guide to the steady state
deformation.
Global maps of Te show significant spatial variations: high values are
associated with cratonic regions whilst low values correlate with mid-ocean
ridges and some continental rifts. Phanerozoic orogenic belts have
intermediate values – with both low and high values.
There is a good correlation in some continents (e.g. Europe) between Te and
other proxies for the physical properties of the crust and lithosphere such as
shear wave velocity anomaly and surface heat flow.
Geological implications of a Te that varies spatially include terrane mapping,
the origin of bathymetric features, and the prediction of flexural bulges.
Lithospheric flexure interacts with both the atmosphere and asthenosphere and
so has implications for landscape evolution and for deep processes such as
mantle convection.
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Table
Table 1
Internet resources
Data

Web address

GEBCO 1 x 1 min. bathymetry and
topography
Crustal thickness and velocity structure
(CRUST 2.0)
Marine gravity from satellite altimetry
Ship track gravity and bathymetry
Surface heat flow
Sediment thickness
Ocean floor isochrons
Temperature structure
Shear wave velocity model SAW24B16
Global Te grid

http://www.ngdc.noaa.gov/mgg/gebco/grid/1mingrid.html
http://mahi.ucsd.edu/Gabi/rem.dir/crust/crust2.html
http://topex.ucsd.edu/WWW_html/mar_grav.html
http://www.marine-geo.org/geomapapp/about.html
http://www.geo.lsa.umich.edu/IHFC/heatflow.html
http://www.ngdc.noaa.gov/mgg/sedthick/sedthick.html
http://gdcinfo.agg.nrcan.gc.ca/app/agegrid_e.html
http://www.lithosphere.info/JGR2001.html
http://seismo.berkeley.edu/~pepe/saw24b16.html
ftp://ftp.earth.ox.ac.uk/pub/tony/TOG/global_te.grd

Figure Captions
Figure 1. Histogram of the Earth’s bathymetry and topography. The histogram is
based on a 2 × 2° GEBCO [British Oceanographic Data Centre, 2003] grid and a bin
size of 200 m. Positive values represent topography above sea-level. Negative values
represent bathymetry below sea-level. Note the bimodal distribution of the data.
Figure 2. Histograms of observed and calculated crustal thickness. The observed
thickness is based on CRUST 2.0 [Bassin, et al., 2000]. The calculated thickness is
based on an Airy model of isostasy and a 2 × 2 minute GEBCO topography and
bathymetry grid. Different parameters have been assumed in the Airy model. a)
‘Standard’ model with ρw = 1030 kg m-3, ρc = 2800 kg m-3, ρm = 3330 kg m-3, and Tc =
31.2 km. b) As in a) except that ρm = 3180 kg m-3. c) Observed thickness. d) As in a)
except that Tc = 40.0 km.
Figure 3. Gravity anomaly and topography profile of the Mid-Atlantic ridge at 48.8°
N. The data were acquired during Snellius cruise ss014 in 1965. a) Topography. The
dashed line shows the mean depth used to calculate the gravity anomaly. b)
Calculated gravity effect of the topography. c) Observed free-air gravity anomaly. d)
Calculated gravity effect of the topography and its isostatic compensation. Red line =
Airy model. Blue line = Pratt model. Note the observed gravity anomaly is about 2530 mGal higher than the calculated anomaly. This is due to the long-wavelength
gravity anomaly ‘high’ that dominates the North Atlantic and probably has its causes
in the sub-crustal mantle. e) Airy (red line) and Pratt (blue line) isostatic anomalies.
The calculated profiles assume 2-dimensionality, ρw, ρc, and ρm of 1030 kg m-3, 2650
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kg m-3, and 3330 kg m-3 respectively, a zero elevation crustal thickness, Tc, of 31.2 km
(Airy model), and a mean depth of compensation, Dc, of 125 km (Pratt model).
Figure 4. Gravity anomaly and seismic structure of the rifted continental margin
offshore Halifax, Nova Scotia. The observed free-air gravity anomaly is based on the
satellite-derived field of Sandwell and Smith [1997] and the seismically constrained
crustal structure on Wu et al. [2006]. The calculated base of the crust based on the
topography and its Airy-type compensation is in good agreement with the seismic
Moho. The calculated Airy gravity anomaly is also in reasonable agreement with the
observed free-air gravity anomaly, as is seen by the relatively subdued Airy isostatic
anomaly. ECMA = East Coast Magnetic Anomaly. COB = Continent/ocean
boundary.
Figure 5. Gravity anomaly and topography profile of the Hawaiian Ridge in the
region of Oahu [Vening Meinesz, 1941]. The free-air anomaly is based on gravity
measurements acquired with a pendulum apparatus onboard the Royal Netherlands
Navy submarine K 13.
Figure 6. Comparison of observed and calculated gravity anomalies along a profile
that intersects the Hawaiian Ridge between Oahu and Molokai. The observed free-air
gravity and bathymetry profile is based on data acquired during cruise KK088 of R/V
Kana Keoki in 1982. The observed data has been projected onto a line centred on an
origin at Honolulu (Lat: 21.32° N and Lon. 157.92° W) with an azimuth of 023°. The
calculated gravity anomaly assumes 2-dimensionality, ρc = ρinfill = ρlayer2 = 2700 kg m3
, ρlayer3 = 2900 kg m-3, ρm = 3330 kg m-3, and the Te values shown. a) Location map.
The bathymetry has been constructed using a GEBCO 2 × 2 minute grid. Black lines
indicate gravity measurements. White line indicates the line of projection. Red lines
indicate age isochrons based on Müller et al. [1997]. b) Left-hand panel shows
bathymetry and observed and calculated free-air anomaly profiles. Right-hand panel
shows bathymetry and flexural isostatic gravity anomaly profiles. c) Plot of Root
Mean Square (RMS) difference between observed and calculated free-air gravity
anomalies Vs. Te.
Figure 7. Topography, isostatic gravity anomalies, and the Te structure of the northern
Indian Shield, the Himalaya, and Tibetan Plateau. The thick black dashed line shows
the location of the Main Boundary Thrust (MBT) and the grey dashed line the IndusTsangpo Suture. The MBT marks the outermost thrust in the Himalaya. The suture
separates the Indian and Eurasian plates and formed as a result of a
continent/continent collision during the Lower-Middle Eocene [Windley, 1988]. AMB
= Aravalli-Dehli Mobile Belt. SMB = Satpura Mobile Belt. a) Topography based on a
GEBCO 2 × 2 minute grid. b) Airy isostatic gravity anomaly. c) Te structure that best
minimises the Airy isostatic gravity anomaly. d) Flexural isostatic gravity anomaly
based on the Te structure in c). The isostatic anomalies and Te structure are based on
Jordan and Watts [2005].
Figure 8. Schematic diagram illustrating how the Earth’s outermost layers respond to
loads of different time-scale. The loads have been arbitrarily divided into: short-term,
intermediate, and long-term time-scales. Examples of short-term loads include the coseismic deformation associated with earthquake triggering, Intermediate loads include
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glacial isostatic adjustment and long-term loads include volcano flexure. The bold
text at the bottom of the diagram describes the deformation regime corresponding to
each load duration. The italic text indicates the most commonly used deformation
models at each time-scale.
Figure 9. Simple model of the deformation due to a normal fault. The model is based
on elastic layer (E = 80 GPa and σ = 0.25) that overlies a viscoelastic half-space. The
fault plane extends from the surface to a depth, d, of 10 km and for a horizontal
distance of ±50 km orthogonal to the profile. The deformation is shown at 0 a, 1 a, 10
a, 100 a, 1 ka, and 1 Ma (solid coloured lines). a) Thick plate, high viscosity (h = 30
km, ηa = 1021 Pa s). b) Thick plate, low viscosity (h= 30 km, ηa = 1019 Pa s). c) Thin
plate, high viscosity (h = 10 km, η = 1021 Ps). d) Thin plate, low viscosity (h = 10 km,
ηa = 1019 Pa s). The deformation was calculated by I. Ryder (pers. comm., 2006)
using the code of Fukahata and Matsu'ura [2005, 2006].
Figure 10. Comparison of the observed and calculated displacement following the
1959 Hegben Lake earthquake. Blue filled rectangles show the two fault planes of the
earthquake. The observed displacement is based on geodetic measurements between
West Yellowstone and Livingstone (Green line on map). The vertical displacement
reaches amplitudes of up to ~300 mm and extends for distances up to ~110 km from
the fault plane. The calculated displacement is based on a model of an elastic layer
overlying a viscoelastic half-space. Reproduced from Figs. 1 and 8 in Nishimura and
Thatcher [2003].
Figure 11. Plot of the RMS difference between observed and calculated
displacements (in mm) for different values of the elastic layer thickness, h, and halfspace viscosity ηa. The ‘best fit’ is for h = 38 km and ηa = 4 × 1019 Pa s. The figure
illustrates the ‘trade-off’ between h and ηa. The dashed lines show the trend of the
RMS minima. Lower thickness and higher viscosity and higher thickness and lower
viscosity fit the data equally well. Reproduced from Fig. 5h of Nishimura and
Thatcher [2003].
Figure 12. Crustal movements derived from the analysis of GPS data in
Fennoscandia. a) and b) show vertical and horizontal rates of displacement
respectively. The scale of the velocity vectors in b) is indicated at the base of the
figure. Note that the horizontal rates are lowest where the uplift rates are highest and
are directed outwards from the main centre of ice loading c) Normalized chi-squared
misfit between observed and calculated horizontal rates as a function of elastic layer
thickness, H, and upper mantle viscosity, η. Reproduced from Figs. 1 of Milne, et al.
[2001] and 9 of Milne, et al. [2004].
Figure 13. The flexure of the North American plate that followed the retreat of the
last Laurentide ice advance. a) Profiles showing the heights of former shorelines of
the lakes that once filled the ‘moat’ flanking the ice load [Walcott, 1972]. b)
Comparison of the observed height of ~12 ka beach levels of Lake Algonquin with
calculated profiles based on a flexure model with Te of 70, 85 and 110 km [Walcott,
1970a]. The decrease in the shoreline height at ~50 km was caused by the retreat of
the ice load across the Fossmill outlet [Chapman, 1954]. This led to the draining of
Lake Algonquin out through the St. Lawrence river valley and into the Atlantic ocean.
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Figure 14. The flexure of the UK lithosphere caused by a simple model for the load
of the Scottish ice sheet. a) Te structure based on the spectral (Bouguer coherence)
results of Pérez-Gussinyé and Watts [2005]. b) Flexure due to a cylindrical load of
height 500 m, radius 75 km and density 947 kg m-3 that is emplaced on the Te
structure in b). c) Comparison of predicted flexure based on uniform Te structures of
65 km (the value of H assumed by Lambeck et al., 1998) and 90 km (the value of H
assumed by Peltier et al., 2002) (blue lines) and the spatially varying structure based
on coherence (red lines) for load heights of 400, 500 and 600 m to observations of >
14.7 ka raised beaches (squares) and late Holocene to Recent (i.e. 0 – 4 ka) sea-level
change along the east coast of England (filled circles) and Scotland (open circles).
The raised beach and sea-level data are based on Sissons, et al. [1966], Shennan, et al.
[2002a] and Shennan and Horton [2002b].
Figure 15. Comparison of observed and calculated flexure profiles northeast of Oahu,
Hawaiian Islands. The observed flexure (filled black circles) shows the top of oceanic
crust as imaged on depth-converted seismic reflection profiles. The calculated flexure
(red lines) is based on a 3-dimensional elastic plate model, a load given by the
bathymetry shallower than 4.5 km (dashed line), and an elastic thickness, Te, of 10,
25, and 50 km. Reproduced from Fig. 4.22 of Watts [2001].
Figure 16. Comparison of the observed and calculated uplift at Mauke, Mangaia, and
Atiu in the southern Cook islands, Pacific ocean. The “rings” show the calculated
flexure due to loading of the relatively young islands of Aitutaki and Rarotonga. Solid
magenta ring shows the second node associated with the Aitutaki flexure. Dashed
green ring shows the second node associated with the Rarotonga flexure. The short
magenta and green lines show the magnitude of the flexural bulge at Atiu, Mauke and
Mangaia. Blue shaded regions shows the flexural depressions. Reproduced from Fig.
4 of McNutt and Menard [1978].
Figure 17. Crustal structure, bathymetry, and gravity anomaly profile of the Amazon
delta and deep-sea fan system. a) Gravity anomalies. The observed gravity is based on
surface ship and land data, the sources of which are described in Rodger, et al. [2006].
The calculated gravity is based on combined 3-dimensional backstripping and gravity
modelling with uniform Te of 10, 30, and 50 km (dashed coloured lines). The blue
solid is based on a variable Te model in which the oldest, Early Cretaceous – Mid.
Miocene, layer formed on lithosphere with an average Te of 13 km, whilst the
youngest, Late Miocene – Recent, layer formed on lithosphere with an average Te of
35 km. b) Crustal structure. The v v v symbols show the distribution of oceanic crust
as inferred from seismic refraction data. The solid red line shows the Middle-Late
Miocene reflector. The dashed blue lines show the backstrip based on the variable Te
model. Other dashed lines show the flexure for the sediment load shown with uniform
Te of 10, 30, and 50 km. c) Plot of the RMS difference between observed and
calculated gravity anomalies for different values of the Te for the older, lower layer,
and the younger, upper layer.
Figure 18. Flexure of the lithosphere due to the Late Miocene – Recent Amazon delta
and fan load. The flexure comprises a circular shaped depression that is flanked by an
bulge. The depression reaches a maximum of 2.1 km beneath the shelf break in slope
whilst the flanking bulge reaches a maximum of 40 m. The bulge correlates with the

40
Gurupá arch, an eroded crystalline basement ridge [Roddaz, et al., 2005]. Flanking the
uplift is a second depression (the so-called back-bulge of DeCelles and Giles, 1996).
The depression correlates with the Gurupá várzea, a seasonally flooded savanna
ecosystem.
Figure 19. Plot of Te Vs. age. The data is based on Table 6.2 of Watts [2001]. a) Te
Vs. age of the oceanic lithosphere at the time of loading. Data has been colour-coded
according to tectonic setting. Filled and open circles indicate seamounts and oceanic
islands. Filled squares, open squares, and triangles are indicative of mid-ocean ridges,
fracture zones, and trench-outer rises respectively. Large unfilled circle shows the
best fit value at Hawaii (Fig. 6). b) Te Vs. age of the oceanic lithosphere. The data,
which comprises only seamounts and oceanic islands, has been colour-coded
according to load age.
Figure 20. Bathymetry, topography and Te map of the central and north Pacific ocean
region. Black lines show the seamount trails expected for a hotspot located at Rurutu
(Austral Islands) [Koppers et al., 2001] and HS2 (near Easter microplate) [Searle et
al., 1995). The trails have been computed assuming the Hawaiian 43-0 Ma, Emperor
80-43 Ma, and 100-80 Ma stage poles given in Koppers et al. [2001]. Large stars
show the hotspot locations. The dashed ellipse delineates the SOuth Pacific Isotopic
and Thermal Anomaly (SOPITA) [Staudigel et al., 1989]. a) Bathymetry and
topography based on a 5 × 5 minute GEBCO grid. Red filled circles show bathymetric
features with a Te value that falls within the 300-600° C controlling isotherms. White
filled circles show features that require a lower controlling isotherm and green filled
circles a higher isotherm. ES = Emperor Seamounts. MPS = Mid-Pacific Mountains.
HR = Hawaiian Ridge. MaI = Marshall Islands. GR = Gilbert Ridge. CL = CrossLines. LI = Line Islands. MI = Marquesas Islands. PPR = Puka Puka Ridge. TP =
Tuamotu Plateau. AI = Austral Islands. FS = Foundation Seamounts. b) Te map based
on the data in Watts et al. [2006]. Red = low Te values and blue = high Te values.
Figure 21. Global Te. a) Location map of Te estimates (red dots). The estimates are
derived from studies of gravity anomaly and topography/bathymetry using both
forward and inverse (i.e. spectral) modelling techniques. Principal data sources are:
Europe - Pérez-Gussinyé and Watts [2005]; Australia – Simons, et al. [2003]; Africa –
Hartley, et al. [1996]; North America - Bechtel, et al. [1990], Lowry and Smith
[1994], Armstrong and Watts [2001]; Ireland – Armstrong [1997]; Former Soviet
Union - Kogan, et al. [1994], India and Tibetan Plateau – Jordan and Watts [2005];
South America - Stewart and Watts [1997], and the ocean basins - Watts, et al.
[2006]. ) b) Global Te map. The map is based on a 2 × 2° grid of the Te estimates in
a).
Figure 22. Comparison of the elastic, thermal, and seismic ‘thickness’ of the crust
and lithosphere along Profile AB. SUSA = southern USA. MAR = Mid-Atlantic
ridge. SWIR = south-west Indian ridge. SEIR = south-east Indian ridge. AUS =
Australia. a) Topography/bathymetry (blue line) based on a 1 × 1 minute GEBCO
[British Oceanographic Data Centre, 2003] grid. Red lines show the calculated
bathymetry based on the Müller et al. [1997] oceanic age grid and the Parsons and
Sclater [1977] cooling plate model. b) Crustal structure based on CRUST 2.0 [Bassin,
et al., 2000]. Yellow fill shows sediment thickness based on the NOAA 5 × 5 minute
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grid of Divins [2005]. Brown lines show the depth to the 550°C isotherm derived by
Artemieva and Mooney [2001]. The isotherm is constrained by the surface heat flow
data of Pollack et al. [1993] and different assumptions on the thermal parameters
within the crust and sub-crustal mantle. c) Elastic thickness, Te. Dashed lines show
original values based on the grid in Fig. 21b. Solid line show low-pass filtered (high
pass = 2100 km, high cut = 1900 km) grid values. d) Surface heat flow. Dashed lines
show original grid based on Pollack et al. [1993]. Solid line shows low-pass filtered
(high pass = 2100 km, high cut = 1900 km) grid values. e) Thermal thickness based
on the depth to the 1300° C isotherm of Artemieva and Mooney [2001]. f) Shear wave
velocity based on the SAW24B16 model of [Megnin and Romanowicz, 2000]. Solid
lines show the shear wave anomaly, expressed as a per cent relative to PREM
[Dziewonski and Anderson, 1981], at 50 km. Dashed lines show the anomaly at 100
and 200 km depth.
Figure 23. Elastic, thermal, and seismic ‘thickness’ of the crust and lithosphere along
Profile CD. EPR = East Pacific rise. Data sources and other labels are as in Fig. 22.
Figure 24. Scatter plots of 2 × 2° averages of surface heat flow against Te and shear
wave velocity anomaly against Te. The source of the surface heat flow and shear wave
velocity anomaly data is as in Fig. 22. The Te data is based on the grid used to
construct the global map in Fig. 21b.
Figure 25. Plot of elastic layer thickness derived from co-seismic and post-seismic
(h), glacial isostatic rebound (H), and flexure studies (Te) against the logarithm of
load age. Filled dark blue box shows the range of oceanic Te estimates plotted in Fig.
19b. Filled blue circles show individual estimates. Filled light brown and yellow
boxes shows the range of continental Te estimates from Late Proterozoic/Phanerozoic
and Archean and Early/Middle Proterozoic terranes respectively. The sources of data
are given in Watts [2001] with the additional estimates of Pérez-Gussinyé and Watts
[2005]. Filled light blue box shows the range of elastic layer thickness from glacial
isostatic rebound. Data sources based on Di Donato, et al. [2000] - East Coast, USA,
Peltier et al. [2002] – British Isles, and Milne et al. [2004].- Fennoscandia. Light grey
box shows the range of post-seismic rebound estimates. Data sources based on Hearn
et al. [2002] – Anatolia, Vergnolle et al. [2003] – Mongolia, and Nishimura and
Thatcher [2003] – Lake Hegben. Dark grey boxes show the range of estimates
associated with inter-seismic deformation at the Hikurangi Trench [Cohen and Darby,
2003]. Other estimates are based on Larsen, et al. [2005] - SE Alaska, Nakiboglu and
Lambeck [1983] - Lake Bonneville, and Lowry et al. [2000] – Western USA. Solid
and dashed blue lines show the predicted relationship between Te and load age for the
oceanic lithosphere based on Watts and Zhong [2000]. Dashed brown lines to the left
of the blue lines show the predicted relationship between Te and load age for a 2 layer
model of a 30 km thick elastic layer that overlies a viscoelastic layer with viscosity of
~1018 Pa s and ~1019 Pa s. The curves have been computed using the code of S. Zhong
(pers. comm. 2003). Dashed brown lines to the right of the blue lines show the
relationship for viscosities of ~1023 Pa s and ~1024 Pa s.
Figure 26. The elastic, thermal, and seismic structure of the European lithosphere. a)
Te based on Bouguer coherence. b) Te based on free-air admittance. c) Thermal
structure, as indicated by surface heat flow evidence of the depth to the 1300°
isotherm. d) Seismic structure based on shear wave velocity. Solid white lines
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indicate major sutures. I = Iapetus, R = Rheic. Dashed white lines indicate major
deformation fronts. Ca = Caledonian front, Va = Variscan front, and Al = Alpine
front. Reproduced from Figure 1 of Pérez-Gussinyé and Watts [2005].
Figure 27. Comparison of the observed base of the West Taiwan foreland basin
sequence to calculations based on an elastic plate model with surface and buried
loading [Lin and Watts, 2002]. The gravity anomaly profile shows the observed
Bouguer anomaly (red solid line), the calculated gravity effect of the Airy
compensating root (grey dashed line) and the best fit calculated gravity anomaly (blue
dashed line). The discrepancy between observed and calculated gravity anomalies
over Taiwan is because the calculated gravity anomaly does not take into account the
gravity effect of the buried load. The flexure profiles compare the depth to the base of
the foreland sequence to calculated profiles with Te of 5, 10 and 20 km. The best fit
for a combined surface and buried loading model is with Te = 13 km (RMS difference
between observed base of foreland, corrected for compaction, and calculated flexure =
0.761 km). Reproduced from Figures 1, 6 and 9 of Lin and Watts [2002].
Figure 28. Bathymetric map of the central Pacific ocean in the region of the Musician
seamounts. The filled circles show the bathymetric features that have yielded Te
estimates. Red filled circles = 0 < Te < 12 km. Green filled circles = 12 < Te < 20 km.
Blue filled circles = Te > 20 km. Watts et al. [2006] attributed the low, intermediate,
and high values to an on-ridge, flank ridge, and off-ridge setting respectively. Red
lines indicate age isochrons based on Müller et al. [1997]. Note that there is a mix of
tectonic settings with some on-ridge settings appearing close to off-ridge settings.
Figure 29. Relationship between the flexural bulge and drainage patterns in the bend
region of the central Andes. The flexure has been calculated using the Finite
Difference method described in Wyer and Watts [2006] and assumes that the
topography of the Andes represents a load on the surface of a spatially varying elastic
thickness plate. a) The topography based on a GEBCO 2 × 2° grid and the Te structure
of Stewart and Watts [1997]. b) Flexure. Blue lines show the permanent rivers. Red
lines show the flexure. Solid lines show the flexural depression. Contour interval = 2
km. Dashed lines show the flexural bulge. Contour interval = 50 m. Filled brown area
shows the extent of the Pilcomayo megafan, as mapped by Leier et al. [2005].
Figure 30. Isostatic response functions in the central Pacific ocean. a) Location map.
b) Comparison of observed and calculated isostatic response functions. The observed
functions (filled circles with vertical bars) have been estimated from a spectral
analysis of shiptrack gravity anomaly and bathymetry data within grids centred at
latitude 21.5° N and longitude 157.5° W. The vertical bars indicate the error in the
spectral estimate. The calculated functions are based on Eq. (10) and the best fit value
of the density of oceanic crust, ρc, and mean depth, d, for each grid. The grids range in
size from 9 × 9° to 49 × 49°. Solid back lines show the calculated functions at 5 km
intervals in the range 5-50 km. The grey-shade shows the calculated functions within
the region 20 < Te < 40 km. Modified from Wilson [2004].
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